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Abstract
In this thesis I study the meridional heat transport of the climate system and its
partition between the atmosphere and oceans using models and data. I focus on three
primary questions: (1) What is the total heat transport and its partition between the
two fluids? (2) What sets the magnitude of the total heat transport and to what
extent is it sensitive to the details of atmospheric and oceanic circulation? (3) How
robust is the partition of heat transport between the two fluids and how sensitive is
it to bathymetric constraints on ocean circulation?
For these studies I employ a series of aqua-planet calculations using a coupled
atmosphere-ocean-ice model in which idealized ocean basins impose various geomet-
rical constraints on ocean circulation. A wide range of ocean heat transports and
heat transport partitions are found, but with more modest variations in the total
heat transport. Differences in the total heat transport are associated with the pres-
ence or absence of polar ice which is found to be sensitive to the ability of the ocean
to carry heat to high latitudes. These model results, as well as data, are analyzed in
the context of earlier work suggesting that the total meridional heat transport should
be insensitive to the details of the atmospheric and oceanic circulation.
The heat transport partitions in these aqua-planet calculations are also analyzed.
The calculations all feature the same gross partition as the present climate with the
ocean dominating near the equator and the atmosphere dominating at middle and
high latitudes. While this suggests that this overall partition may be a robust feature
of the climate system, there are important differences associated with the presence
or absence of a meridional barrier to zonal flow in the ocean. These results are
diagnosed in the context of simple models and scalings which compare the strength
of the atmospheric and oceanic circulations and the energy contrasts across the flows.
Parallels are drawn with present and paleo climate.
Finally, I produce a new estimate of the total meridional heat transport employing
the method of minimum variance estimation, data from the Clouds and the Earth's
Radiant Energy System instruments, and a prior estimate. This new estimate yields
a peak poleward heat transport of 5.6 ± 0.8 PW at 35 0 N and 35°S with a northward
transport of 0.1 ± 0.9 PW at the equator. This represents a 27% reduction in the
standard error relative to the prior estimate. An estimate of the partition is made us-
ing direct ocean heat transport estimates with the atmospheric component computed
as a residual.
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Chapter 1
Introduction
1.1 Meridional heat transport and its partition
Meridional heat transport1 , and its partition between the atmosphere and ocean, is
a key feature of the climate system. Due primarily to the sphericity of Earth, there
is roughly five times more solar energy absorbed in the tropics versus at the poles
(Fig. 1-la, green curve). With this difference in incoming solar energy, there is an
exact solution to the equations governing the system in which each column of air is in
radiative-convective equilibrium with no surface winds and the atmosphere in thermal
wind balance with the horizontal temperature gradient. This is however, an unsta-
ble state and baroclinic eddies arise which transport heat polewards thereby cooling
low latitudes and warming high latitudes. Subsequently, the outgoing terrestrial ra-
diation, which the Earth must emit to remain in radiative balance, is much more
homogeneous than the absorbed incoming solar radiation (Fig. 1-la, blue curve). By
integrating the net top-of-atmosphere radiation, the absorbed shortwave radiation
minus the emitted longwave radiation (Fig. 1-la, red curve), from one pole to the
other, the total meridional heat transport of the climate system can be calculated
(Fig. 1-1b, red curve).
The total meridional heat transport is carried forth primarily by the atmosphere
1Here the common phrase "heat transport" is used to indicate energy transport or more precisely,
enthalpy transport; see Warren (1999) for a discussion of terminology.
400
300
200
100
0
-100
-200
(a) Top-of-atmosphere radiative fluxes
Absorbed solar
I I
-60 -30 0 30
Latitude
(b) Northward meridional heat transport
-60 -30 0 30 60
Latitude
(c) Heat transport ratios
-60 -30 0 30 60
Latitude
Figure 1-1: (a) Top-of-atmosphere net incoming radiation (red), outgoing longwave
radiation (blue), absorbed incoming solar radiation (green) from ERBE data (Bark-
strom 1984). (b) Total northward meridional heat transport (red; from ERBE data)
and its atmospheric (green; computed from NCEP reanalysis output [Kalnay et al.
1996] using the same time span as the ERBE data) and oceanic (blue; computed as
a residual) contributions. (c) Ratios of atmospheric (blue) and oceanic (green) heat
transports to the total heat transport. This is an illustrative estimate of the heat
transport and its partition only. A new estimate, including its uncertainty, will be
provided later.
and oceans, and to a much lesser extent by the cryosphere and lithosphere. Fig.
1-lb shows one estimate of the total meridional heat transport and its atmospheric
and oceanic contributions. The total meridional heat transport is computed from
Earth Radiation Budget Experiment (ERBE) data (Barkstrom 1984)2. The atmo-
spheric component is computed from National Centers for Environmental Prediction
(NCEP) reanalysis output (Kalnay et al. 1996) 3 using the same time span as the
ERBE data and the oceanic component is computed as a residual. (This is an illus-
trative estimate only; a new estimate, including its uncertainty, will be produced in
this thesis). In the atmosphere, heat transport is primarily performed by the mean
meridional overturning circulations at low latitudes, the Hadley Cells, and transient
eddies at middle and high latitudes, with stationary eddies also contributing in the
Northern Hemisphere (Peixoto and Oort 1992). In the ocean, the Hadley Cell's mean
meridional overturning circulation equivalent, the subtropical cells (STCs), dominate
heat transport at low latitudes. At middle and high latitudes, the subtropical and
subpolar gyres play an important role in poleward heat transport where there are
basins constrained by a meridional barrier (Wang et al. 1995). In the Atlantic basin,
there is a deep meridional overturning circulation which transports heat northward
at all latitudes (Ganachaud and Wunsch 2003). Overall, ocean heat transport dom-
inates in the deep tropics (within 10 - 15' of the equator) whereas the atmosphere
dominates at the edge of the tropics through to middle and high latitudes (Fig. 1-1c).
Understanding this partition of heat transport between the atmosphere and oceans
is crucial to characterizing the latitudinal profile of the climate. With the same total
meridional heat transport, a system with a greater fraction of ocean heat transport
tends to more effectively smooth the latitudinal sea surface temperature gradient.
With sea ice growth and loss particularly sensitive to sea surface temperatures, it is
also possible that sea ice extent is more responsive to a change in ocean heat transport
relative to a comparable change atmospheric heat transport. Temporal changes in this
partition have long been thought to be a productive way of considering climate vari-
2 Available at http: //www. cgd. ucar. edu/cas/catalog/satellite/erbe/meansjf .html
3 Available at http://www. cgd. ucar. edu/cas/catalog/nmc/ncepbudgets06 .html
ability (Bjerknes 1964; Marshall et al. 2001). Finally, the possibility that decreased
northern hemisphere ocean heat transport from a weakened Atlantic meridional over-
turning circulation might trigger abrupt change has also been discussed, raising the
question of how atmospheric heat transport might compensate were this to occur
(Broecker 1997; Bryden et al. 2005; Wunsch and Heimbach 2006).
Given the importance of the total meridional heat transport and its partition
in describing and comprehending the climate system, this thesis was motivated in
large part to try and better understand the curves seen in Fig. 1-1: What sets the
magnitude of the total meridional heat transport? What sets the partition of the heat
transport between the atmosphere and oceans? How do variations in the total heat
transport and its partition between the atmosphere and ocean affect the latitudinal
structure of the climate? In this thesis I endeavor to make some select contributions
to help answer these questions.
Before introducing the research and providing an outline of the work herein, I
first provide some relevant background information. Section 1.2 presents observation-
based estimates of the total heat transport and its partition between the atmosphere
and ocean. Where available, the uncertainties in these estimates are also discussed.
Section 1.3 introduces some theory regarding the observed heat transport, its partition
and their dependence on the details of the atmospheric and oceanic circulations.
Section 1.4 reviews how ocean basin geometry can influence heat transports and its
relevance for understanding present and paleo climate. Finally, in Section 1.5 there
in an overview of the research presented in this thesis.
1.2 Observations
1.2.1 Total heat transport
Taking the standard approach, the estimation of total northward heat transport, HT,
across a given latitude, o0, begins with considering the energy balance in a polar cap
south of 50 (e.g. Starr 1951; Vonder Haar and Oort 1973):
dE = -HT+ Rsum+ G. (1.1)
dt
Here E is the total energy between the solid Earth and the top-of-atmosphere (TOA),
t is time, Rum is the total net radiative flux into the polar cap at the TOA, and G
is the geothermal energy flux at the surface of the solid Earth. It is reasonable to
neglect G relative to Rsum (Stein et al. 1995), and it is assumed that in an annual
average the climate is in a steady-state energy balance; dE 0 (an assumption I will
later revisit). This leaves HT = Rsum, and given the zonal average net radiative flux
as a function of latitude, R(q), Eq. 1.1 becomes
HT(4o) = 27a2 j R() cos 0 do. (1.2)
2
where a is the radius of the Earth. It is from Eq. 1.2 that estimates of HT are made
using TOA radiative flux data.
The earliest estimates of HT were made in the pre-satellite era using atmospheric
and surface data in radiative transfer models to compute R() (see review by Hunt
et al. 1986). Despite the limited availability of data, using this approach, Simpson
(1928) is thought to have made the first estimate of the meridional heat transport.
This approach is still used today, though with substantially more data and more
sophisticated radiative transfer models (Zhang and Rossow 1997; Zhang et al. 2007).
The first space-based radiometer, Explorer 6 (launched February 17, 1959) brought
about the era of satellite-based TOA radiative flux measurements (House et al. 1986).
Early satellite missions were typically short in duration with limited spacial coverage
and diurnal sampling. Due to these limitations, fluxes from numerous satellite ra-
diometers were compiled into climatological means (e.g. Ellis and Vonder Haar 1976).
In early estimates of HT, Raschke et al. (1973) and Vonder Haar and Oort (1973)
address the challenges brought about by the random and systematic uncertainties in
these data. Using these early satellite TOA flux estimates, Raschke et al. (1973) find
a net imbalance of 2.8 W m- 2, and in what is now a standard approach, subtract
this value uniformly from the net TOA radiative flux data before estimating HT from
Eq. 1.2 ("standard balancing" hereafter). Vonder Haar and Oort (1973), making
an estimate for the northern hemisphere only, make no such adjustment but rather
estimate the uncertainty in their HT estimate from the accumulation of errors from
the integration of Eq. 1.2 over increments in latitude of 10'. Taking a maximum
probable bias of ±7.0 W m- 2 for each 100 band in latitude, they estimate a peak
northward HT of 5.1 ± 0.9 PW (1 PW = 1015W) at 300 N with 0.4 ± 1.8 PW at the
equator.
Estimates of HT using more recent satellite data still encounter the same chal-
lenges in accounting for the mean radiative imbalance and in making reasonable error
estimates. Carissimo et al. (1985) and Keith (1995), for example, continue to use the
standard balancing, though Trenberth and Caron (2001) and Fasullo and Trenberth
(2008a,b) take a slightly different approach by adjusting the outgoing longwave and
albedo uniformly as per Trenberth (1997). This balancing by Trenberth (1997), done
to account for the fact that the imbalance is thought to be primarily due to inadequate
sampling of the diurnal cycle, will lead to a different HT as compared to that from
a uniform subtraction of the mean imbalance as it changes the meridional structure
of the net radiation. By comparing results from various balancing techniques and
radiation budget data sets, Carissimo et al. (1985) estimate an uncertainty at peak
transport of +1 PW. Keith (1995) and Trenberth and Caron (2001) use satellite data
from the Earth Radiation Budget Experiment (ERBE; Barkstrom 1984) whereas Fa-
sullo and Trenberth (2008a,b) use satellite data from the Clouds and Earth's Radiant
Energy System (CERES; Wielicki et al., 1996) instruments.
Wunsch (2005) takes an entirely different and much less ad hoc approach to balanc-
ing the radiation budget data and generating an error estimate for the HT. Wunsch
(2005) employs a method of minimum variance estimation by using the Stone (1978)
model for HT as a prior and the ERBE data to predict adjustments to it. With plau-
sible assumptions about the Stone (1978) HT model covariance about the mean and
the random errors in ERBE data, Wunsch (2005) produces a peak HT estimate of
5.4 ± 1.1 PW at 360. Using the same data set, Trenberth and Caron (2001) estimate
HT to be 5.5 PW at 350, though give no measure of the uncertainty. Using the more
recent CERES data, Fasullo and Trenberth (2008a,b) find a peak poleward HT of
5.9 ± 0.3 PW at 350 N and 5.9 ± 0.5 PW at 35'S. Their ranges are not error bars per
se, but rather 2o where or is the standard deviation of the interannual variability of
HT.
Altogether, it is clear that the choice of data, method for removal of the systematic
errors, and treatment of observational uncertainties can all have an important impact
on estimating the HT. I will revisit these issues later in the thesis and produce a new
estimate of HT and its uncertainty.
1.2.2 Atmospheric and oceanic heat transports
Following Peixoto and Oort (1992), the total energy per unit mass for a parcel of air
is given by
E = cT + gz + Lq + (U2 + v 2 + 2) (1.3)
where c, is the specific heat at constant pressure, T the temperature, g the acceleration
due to gravity, L the latent heat of evaporation, q the specific humidity, and u,
v, and w the zonal, meridional, and vertical velocities. The terms, in order, are
sensible energy, potential energy, latent heat, and kinetic energy. The kinetic energy
is small and can be neglected in transport estimates leaving only the first three terms,
collectively known as the moist static energy. Thus, the atmospheric heat transport
across a given latitude circle is given by
HA() = pv (cT + gz + Lq)dxdz. (1.4)
It should be noted, however, that latent heat transport is really a coupled mode of
heat transport as the loop with evaporation, atmospheric water vapor transport, and
precipitation is closed by ocean freshwater transport.
Observations used to produce estimates of HA historically came from rawinsonde
data (e.g. Peixoto and Oort 1992) and more recently from the National Center for
Environmental Prediction (NCEP; Kalnay et al. 1996) and European Centre for
Medium-Range Weather Forecasts (ECMWF; Uppala et al. 2005) reanalyses (e.g.
Fasullo and Trenberth 2008a,b). Fasullo and Trenberth (2008b) estimate that in the
annual average HA dominates HT at all latitudes except in the deep tropics and that
poleward HA peaks at 5.1 PW at 410 N and 4.9 PW at 39°S.
Again following Peixoto and Oort (1992), HA can be decomposed into contribu-
tions from the different terms in Eq. 1.4 and by different types of circulations. Let
an overline denote a time average and a prime the deviation from it, and let square
brackets denote a zonal and vertical average and a star the deviation from it. Then,
HA can be decomposed as
[HA] = [pv (cT + gT + Lq)] = c [pPT] + cp[pv*T ] + cp[pv'T'] (1.5)
+ g[pv-] + g[pV*T*] + g[pv'V']
- L[pT q] + L[p-*4*] + L[pv'q'].
From top to bottom, the rows on the right hand side of Eq. 1.5 are HA contribu-
tions from sensible energy, potential energy, and latent heat transport while from
left to right, contributions from mean meridional circulations, stationary eddies, and
transient eddies. Such decompositions reveal that the tropical mean meridional over-
turning circulations, the Hadley Cells, provide the greatest contribution to poleward
HA near the equator. Middle and high latitudes are highlighted by poleward transient
eddy transports of latent heat and sensible energy, the latter being largest. Stationary
eddy transport of sensible energy also contributes to HA in the northern hemisphere
middle and high latitudes. For more detail, see Chapter 13 of Peixoto and Oort
(1992).
Though Ho can be calculated and decomposed in an analogous manner as HA,
given the paucity of data and complicated nature of the three dimensional flows,
Ho estimates are few and their contributions from different circulations difficult to
ascribe. In the ocean, the energy of a parcel of water consists of internal energy,
potential energy, kinetic energy and the contribution from the pressure-work term,
though it can be well approximated by the specific heat times the potential tem-
perature (Warren 1999). Direct estimates typically use temperatures and meridional
velocities from hydrographic sections, the latter being deduced from inverse calcu-
lations (Wunsch 1996). The latest of such estimates, using data from the World
Ocean Circulation Experiment, show northward Ho throughout the entire Atlantic
basin with 0.66 ± 0.12 PW at 45'S rising to 1.27 ± 0.15 PW at 24'N and falling to
0.60 ± 0.09 PW by 47 0N (Ganachaud and Wunsch 2003). For the combined Indian
and Pacific basins, there are poleward energy transports in each basin with tropical
peaks of 1.6+ 0.6 PW at 18'S and 0.52 0.20 PW at 24°N. Estimates of Ho have also
been made from integrating the surface fluxes (analogously to integrating Eq. 1.2)
calculated from bulk formulas (e.g. Josey et al. 1999, Grist and Josey 2003). Another
approach has been to calculate HA and compute Ho as a difference from HT or alter-
natively to compute Ho from atmospheric surface flux data and compute HA from a
difference with HT (e.g. Trenberth and Caron 2001, Fasullo and Trenberth 2008a,b).
While this last approach is common, error bars are typically absent given the lack of
comprehensive error analysis for the estimates of HA calculated from reanalyses and
HT calculated from satellite data.
Just as in the atmosphere, Ho can be decomposed into contributions from mean
circulations in the y - z plane, the x - y plane, and from time varying circulations
(Bryan 1982; Hall and Bryden 1982). While such a decomposition is often framed
as contributions to Ho from mean meridional circulations, stationary eddies (gyres),
and transient eddies, respectively, given the three dimensional nature of gyres and
MOCs, care must be taken with such oversimplified interpretations. With this caveat
in mind, using hydrographic sections (see Table Al in Talley 2003), the gyres and
MOCs are estimated to contribute 0.12 to 0.40 PW and 0.88 to 1.20 PW (-0.27 to
-0.1 PW and 0.34 to 0.55 PW), respectively, to northward Ho at 240 N (32°S) in
the Atlantic. The gyre and MOC contributions to northward Ho in the Indo-Pacific
basin are estimated to be 0.49 to 0.57 PW and 0.27 to 0.30 PW (-0.51 to -0.35
PW and -0.48 to -0.46 PW), respectively, at 24°N ( 300 S). While difficult to
separate, different contributions to the Ho by mean meridional circulations are often
considered. Within the tropical thermocline, the wind-driven subtropical cells play
an important role in Ho (Klinger and Marotzke 2000). In the Atlantic, a deep MOC
transports energy northward at all latitudes which leads to an Ho profile which is
not antisymmetric about the equator (Ganachaud and Wunsch 2003). Between the
gyres and STCs, most of the Ho is thought to occur in the upper 500 meters of the
ocean (Boccaletti et al. 2005). Altogether, Ho makes the greatest contribution to HT
in the deep tropics, whereas HA is prominent at middle to high latitudes.
1.3 Theory
1.3.1 Total heat transport
There have been few works which attempt to develop theory to explain the magnitude
of the HT and its partition between the atmosphere and oceans. One of the first
papers discussing the factors which set HT was that of Stone (1978). Therein, the
zonally averaged TOA net radiation as a function of latitude (R(¢) in Eq. 1.2) was
written in terms of the incoming solar radiation, coalbedo, and outgoing longwave
radiation, each of which were expanded in even order Legendre polynomials. Then,
using TOA radiation budget data from Ellis and Vonder Haar (1976), it was found
that the zeroth and second order terms capture most of the latitudinal structure
in the radiation budget fields. Neglecting these higher order terms fixes the HT
to peak near 350 in each hemisphere, consistent with observations. Furthermore,
terms including the latitudinal gradients of coalbedo and outgoing longwave radiation
cancelled with one another leaving an expression for HT which depended only on the
incoming solar radiation and the mean planetary coalbedo. This analysis aided Stone
(1978) in reaching the conclusion that HT is largely independent of the details of the
mechanisms of atmospheric and oceanic heat transport and should depend only on the
solar forcing, mean planetary albedo, and astronomical parameters. This empirical
result agreed well with general circulation models with and without a hydrological
cycle (Manabe et al. 1965) and with and without an interactive ocean component
(Manabe et al. 1975) which all showed nearly identical HTr. Subsequent model studies
have shown that HT also depends on the Earth's rotation rate (Hunt 1979) and
greenhouse gas concentrations (O'Gorman and Schneider 2008).
1.3.2 Heat transport partition
Both Held (2001; H2001 hereafter) and Czaja and Marshall (2006; CM2006 hereafter)
have recently made important steps in understanding the partition of poleward heat
transport between the atmosphere and oceans. Both works frame the problem by
noting that the various modes of heat transport are all accomplished by air and
water circulating across a given latitude circle with a difference in energy between the
poleward and equatorward branches of the flow. Following the notation in CM2006,
this is expressed as
HA,O = FA,OCA,OAOA,O , (1.6)
where A and O denote the atmosphere and ocean, T is the meridional mass transport
streamfunction and CAO is the energy change across this circulation, moist static
energy for the atmosphere and heat capacity times potential temperature for the
ocean. Thus, the ratio of atmospheric to oceanic heat transport becomes 4
HA 4 fA CAAOA
- = - o o (1.7)Ho  TO CoAOO
In the tropics, assuming that eddy heat fluxes are negligible, TA,O represents
the mean meridional overturning circulations, the Hadley Cell in the atmosphere
and the STCs in the ocean. H2001 notes that these two circulations are linked
through the surface stress such that the surface mass transports are of roughly equal
strength at the interface between the two fluids with the return flows in the interior;
TA 1 0. Assuming adiabatic interior flow in the ocean, CoABo is related to the
4At times this thesis discusses the heat transport ratio given by Eq. 1.7 and at times the HT
partition given by HA/HT for the atmosphere and Ho/HT for the ocean.
temperature difference between the surface at the latitude of interest and the surface
of the subducting branch of the STC at the poleward edge of the tropics. In the
atmosphere, H2001 assumes that moist static energy is constant for a parcel of air
upwelling near the equator and moving poleward aloft. Hence, CAAOA is related to
the surface temperature contrast between the latitude of interest and the latitude
of the upwelling branch of the Hadley cell in the deep tropics. Thus, with 1 A,O of
the same order, Ho dominates near the equator where CoAOo > CAAOA while HA
dominates at the poleward flank of the tropics where CAAOA > CoAOo.
At middle and high latitudes, with atmospheric eddy heat fluxes critical in the
atmosphere, CM2006 cast Eq. 1.6 in energy coordinates by computing 'A,O in
energy-layers (again, moist static energy in the atmosphere, heat capacity times po-
tential temperature in the ocean). From comparing JA,O computed from NCEP and
ECMWF reanalyses and an ocean simulation, they find that CAAOA % CoAOo in
middle and high latitudes. These same diagnostics also show that IPA TO in this
region and hence HA > Ho.
1.4 Bathymetry and paleoclimate
One key element in setting the heat transport partition is the ocean basin bathymetry
through its control on ocean circulations and their associated heat transports. In
the Atlantic, Pacific, and Indian basins, meridional boundaries allow for meridional
geostrophic flow enabling gyres and deep MOCs. Conversely, in the Southern Ocean
the absence of such boundaries allow ocean currents to circumnavigate the globe.
Here a strong eddy or "bolus" transport counteracts the wind and buoyancy forcing
leading to small Ho there (Marshall and Radko 2003). In this manner, geography
clearly plays an important role in controlling ocean circulation, and hence can also
affect the partition of meridional heat transport and the surface temperature gradient.
Differences in Ho, perhaps through differences in continental geometry, have been
thought to play a role in understanding paleoclimate (e.g. Barron 1987). Based
largely on 6180 measurements in ocean sediment cores, proxy temperature records
show periods of great polar warmth such as the Eocene and late Cretaceous. The
Eocene in particular is characterized by polar ocean temperatures (- 10 oC) which
are much warmer than those of the present climate while estimates of tropical SSTs
have been increasing to near or greater than modern values (Zachos et al. 1994, 2001;
Pearson et al. 2001). A more vigorous ocean heat transport could lower tropical SSTs
while warming the poles, possibly amplified by the ice-albedo and water vapor-warmth
feedbacks, and hence could partially explain the difference between the Eocene and
present climate. Many simulation studies have explored this increased ocean heat
transport paradigm (Covey and Thompson 1989; Rind and Chandler 1991; Barron
et al. 1993). However, maintaining an increased ocean heat transport in the presence
of a shallow meridional temperature gradient on the order of the Eocene has proven
difficult to explain and to realize in a coupled system (Sloan et al. 1995; Huber and
Sloan 2001). While calculations with realistic paleogeographies have led to a some-
what ambiguous role of geometry in explaining the paleoclimate record, calculations
with idealized geometries such as those by Toggweiler and Bjornsson (2000), Hotinski
and Toggweiler (2003), and Smith et al. (2006) do suggest that bathymetry can play
an important role setting Ho and hence the partition of heat transport between the
atmosphere and oceans.
1.5 Thesis overview
Again, the key questions which initiated this thesis include: What sets the magnitude
of the total meridional heat transport? What sets the partition of the heat trans-
port between the atmosphere and oceans? And how do variations in the total heat
transport and its partition between the atmosphere and ocean affect the latitudinal
structure of the climate?
There are potentially many factors which conspire to set the total meridional heat
transport and its partition between the atmosphere and oceans, but here I choose to
focus only on bathymetry. In particular, to study these questions I have completed a
series of aqua-planet calculations using a coupled atmosphere-ocean-ice model with
idealized ocean basin geometries. Four basic geographic configurations have been
investigated (see Fig. 2-1). First is Aqua which is completely absent of land. Next is
Ridge which is identical to Aqua except for a narrow 180' arc of land one grid cell wide
extending between the poles. These calculations allow for the exploration of coupled
atmosphere-ocean behavior in systems with zonal (Aqua) versus gyral (Ridge) ocean
circulations. Equatorial Passage (EqPas hereafter) features the same strip of land
as Ridge, but with a gap between 200 S and 20'N. This zonal passage at the equator
allows for a useful comparison between Ridge and EqPas to aid in our understanding
of the heat transport partition near the equator and its role in influencing climate
beyond the tropics. Finally, Drake features a land distribution asymmetric about the
equator with the meridional barrier running between the north pole and 40'S thereby
encouraging cross-equatorial flows and heat transports. With the absence of complex
bathymetries these coupled calculations allow easier isolation and comparison of ocean
circulations contributing to Ho. The overall modeling strategy, motivation for these
configurations, and select details of the coupled model I employ are discussed in
Chapter 2. Appendix A gives a full description of the climate model and characterizes
its ability to simulate the present climate.
As expected in the absence of any meridional barriers, Aqua features zonal flow
in both the atmosphere and ocean. In the ocean, strong STCs provide significant Ho
while at middle to high latitudes the wind driven and bolus transports nearly cancel
yielding weak Ho. In the annual average, Aqua has ice extending to 61' in both
hemispheres with equatorial and polar surface air temperatures (SATs) of 28 'C and
-15 oC, respectively. The meridional barrier in Ridge weakens the STC strength and
associated Ho in the tropics while introducing gyres and a deep MOC at middle and
high latitudes which increases Ho therein. There is no ice, and SATs are 32 'C at
the equator and 3 'C at the poles. EqPas is very similar to Aqua in the tropics and
Ridge in middle to high latitudes, though has uniquely strong deep MOCs spanning
each hemisphere. Ho is stronger than Ridge at all latitudes, there is no ice, and the
equatorial SAT is 31 oC while a balmy 8 'C at the poles. Drake is similar to Ridge
where it has a meridional barrier and similar to Aqua south of 40 0 S. It features a
cross-hemispheric deep MOC with sinking in the northern high latitudes and some
upwelling at the edge of barrier in the southern hemisphere. Drake has ice south of
62°S and no ice in the northern hemisphere. SATs are 31 'C at the equator, -16 oC at
the south pole, and 3 'C at the north pole. A full description of the results of these
aqua-planet calculations is given in Chapter 3.
Overall, these aqua-planet calculations show that HT is rather robust under a
variety of heat transport partitions provided that the albedo does not change. The
HT is not constant, however, between the climates with significantly different extents
of ice cover. I discuss these results in the context of the Stone (1978) model for HT
derived from truncated Legendre polynomial expansions of the pertinent radiation
budget variables. The model illustrates the interplay between HT and the pole-to-
equator gradients in incoming solar shortwave radiation, outgoing longwave radiation,
and planetary albedo. It is found that Stone's result provides a useful guide when
there is no ice, but not in cold climates with significant polar ice caps and hence strong
meridional gradients in albedo. Since the meridional ice extent is sensitive to details
of atmospheric and oceanic circulation, these cannot be ignored. I also apply the
Stone (1978) model to ERBE data. I present the results of these analyses in Chapter
4. An equivalent 2-box model also gives insights and is described in Appendix B.
To better understand the robustness of the heat transport partition seen in Fig.
1-1 and the influence of meridional barriers to zonal ocean flow, I analyze the results
of the aqua-planet calculations in the context of H2001 and CM2006. With Ho dom-
inating near the equator, giving way to HA toward the poleward edge of the tropics
and in the middle and high latitudes thereafter, I find that the overall conclusions
from H2001 and CM2006 hold. There are, however, important variations in the heat
transports and their partitions between the calculations. The models and scalings
in H2001 and CM2006 are adapted to reflect the location of the various meridional
barriers. The location of a barrier is critical: At low latitudes it reduces Ho whereas
at middle and high latitudes it increases Ho. Furthermore, a zonal passage in the
tropics can affect Ho at middle latitudes and vise versa. This work is discussed in
Chapter 5.
Finally, I develop a new estimate of the total meridional heat transport employ-
ing a method of minimum variance estimation (Wunsch 1996, 2005) that combines
radiative flux data from a host of satellites including the recent measurements from
the Cloud and the Earth's Radiant Energy System (CERES; Wielicki et al. 1996)
instruments. Using this methodology a measure of the estimate error is produced
which, using the new CERES data, is reduced by 27% at peak transport relative to
an earlier estimate using this same approach (Wunsch 2005). I describe the method-
ology emphasizing the manner in which it addresses the global mean imbalance in the
radiation budget data. The data, including those which are deemed inappropriate for
this calculation, and their error analyses are described in detail. I also present an
estimate of the partition of heat transport between the atmosphere and oceans using
direct estimates of Ho while calculating HA as a residual. This work is presented
in Chapter 6. In Chapter 7 I review my work and findings and propose some future
avenues of research.
Chapter 2
Aqua-planet calculations
2.1 Modeling strategy and configurations
To investigate questions regarding the total meridional heat transport (HT), and its
partition between the atmosphere (HA) and oceans (Ho), I have undertaken a series
aqua-planet calculations using a coupled atmosphere-ocean-ice model with highly
idealized ocean basin geometries. With this series of calculations, the goal is not to
simulate the present climate, but rather to study the details of a coupled system in
which the complications of land-sea distribution are simplified to allow for easy com-
parison and analysis of the results. In particular, by changing the constraints on ocean
circulation with meridional barriers at different latitudes, various modes of ocean cir-
culation and their associated heat transport are emphasized or de-emphasized. The
result is a set of climates with a wide range of meridional Ho profiles, heat transport
partitions, and even variations amongst their HT profiles.
The four configurations studied here are shown in Fig. 2-1. Aqua is covered in
its entirety by a flat bottom ocean 5.2 km deep. With the absence of any meridional
barriers, strong zonal ocean flow is encouraged. Ridge breaks this zonal symmetry by
the introduction of a meridional barrier that runs in a thin 1800 arc one grid cell wide
from one pole to the other. Hence, basin-constrained ocean flow is mandated. This
ridge does not protrude into the atmosphere. In all other respects, Ridge is identical to
Aqua. EqPas is identical to Ridge except for a gap in the ridge between 200 S and 20oN
(c) EqPas (d) Drake
Figure 2-1: Position of barriers and gaps in the various configurations: (a) Aqua,
(b) Ridge, (c) EqPas, and (d) Drake. Blue denotes ocean, yellow land. Land, when
present, comprises a thin strip (one grid-cell wide) running in a single 180' arc from
pole to pole and does not protrude into the atmosphere. Meridional gaps are intro-
duced in the thin strip of land in EqPas and Drake. Where there is ocean, its depth
is a constant 5.2 km with a flat bottom.
that extends to the ocean floor. This configuration is used to provide a comparison
with Ridge to study the tropical heat transport partition and how the presence or
absence of a gap can affect the STCs and gyres. This setup is similar to that in
Hotinski and Toggweiler (2003) wherein they study the possibility that zonal ocean
flow in the tropics during the Cretaceous and early Cenozoic led to enhanced deep
MOCs which reduced the equator-pole surface temperature gradient. Finally, there
is Drake which is identical to Ridge except that the meridional barrier only extends
from the north pole through 400S. This configuration breaks the symmetry about the
equator present in the other setups and hence is more encouraging of cross-equatorial
flows and heat transports. This configuration is akin to that studied in Toggweiler
and Bjornsson (2000) wherein they investigate the effect of the separation of Australia
and South America from Antarctica on the conditions in the high southern latitudes.
These calculations all contain present day solar and CO 2 forcing, with the solar forcing
made symmetric about the equator. The seasonal cycle is represented but there is no
diurnal cycle in the model. If conditions permit, ice will form.
The literature contains a number of examples wherein complex orography and
topography are eliminated from general circulation models in an effort to simplify
studies of climate dynamics. For instance, Cox and Bryan (1984) use a simple ocean
basin configuration to look are ideas about the ventilated thermocline. Bryan (1986)
utilizes a sector ocean model to investigate the connection between high latitude
(a) Aqua (b) Ridge
salinity effects and the meridional overturning circulation. In the atmosphere, Hess
et al. (1993) explore tropical circulation sensitivity to the sea surface temperature
distribution on a water-covered planet. Neale and Hoskins (2001a,b) propose inter-
comparing atmospheric GCMs by using an all ocean lower boundary. There are,
however, only a few analogous studies which use idealized ocean basin geometries
in a coupled model. The works of Toggweiler and Bjornsson (2000) and Hotinski
and Toggweiler (2003), which helped motivate the EqPas and Drake configurations,
use only an energy balance model for the atmosphere along with prescribed winds
and no ice model. The only previous study employing coupled primitive equation
atmosphere and ocean models brought to bear on such calculations that I am aware
of is that by Smith (2004) and Smith et al. (2006). Therein the emphasis was on
the role of ocean circulation in the coupled system, and in particular the importance
of geometrical constraints on the ability of the ocean to transport heat around the
globe. The Aqua, Ridge, and Drake configurations there are akin to those in Smith
et al. (2006), but with significant differences in the ocean model formulation and
execution. Their system was not integrated out to equilibrium and the presence of
strong lateral diffusive fluxes in the ocean model led to unrealistically large diffusive
meridional heat transports. In contrast to the solutions presented here, all were very
warm climates and none maintained ice over the poles.
2.2 Coupled climate model
In this section I review the model I employ for these idealized ocean basin geometry
calculations. The overview here is relatively brief here so as not to bog down the
reader before getting to the results. Parts of this overview are adapted from or taken
verbatim from Marshall et al. (2007), for which I was a coauthor. I have developed a
much more complete description of the model which is given in Appendix A. Included
in the appendix is a characterization of the ability of the model to simulate the present
climate which heretofore had not been completed. As this appendix is meant to serve
as stand-alone documentation of the model, some of the description therein overlaps
with the brief overview here. Credit must given to Jean-Michel Campin who was
the key force in assembling the model and to Chris Hill who wrote the code for the
coupler that ties together the atmospheric, oceanic, and sea ice components.
The coupled model used in this study has at its heart the MIT General Circu-
lation Model (Marshall et al. 1997a,b). Fluid isomorphisms are employed to render
atmospheric and oceanic models from one hydrodynamical core, as discussed in Mar-
shall et al. (2004). As described in Adcroft et al. (2004), the atmosphere and ocean
are integrated forward on the same "cubed-sphere" horizontal grid at C32 (each face
of the cube is split into a 32 x 32 matrix of cells) yielding a minimum resolution of
2.8' x 2.8'. The use of the cubed-sphere avoids problems associated with the con-
verging meridians of a lat-lon grid and ensures that the model dynamics at the poles
are treated with as much fidelity as elsewhere.
The atmosphere is of "intermediate" complexity and employs the SPEEDY physics
package described in Molteni (2003b). This component model is chosen to provide
a balance between the inclusion of key processes whilst maintaining the necessary
computational efficiency to permit synchronously-coupled integration for many thou-
sands of years while resolving synoptic-scale eddies in the atmosphere. There are five
vertical levels: one for the planetary boundary layer (PBL), three for the free tropo-
sphere, and one for the stratosphere. Briefly, Molteni (2003b) utilizes the following
set of modules parameterizing key atmospheric processes:
Surface fluxes of momentum and energy: Fluxes are defined by bulk aerody-
namic formulas with different exchange coefficients between land and sea. Co-
efficients for (sensible and latent) heat fluxes also depend on the vertical gradient
of potential temperature between the surface and the lowest model level.
Convection: A simplified mass-flux scheme is activated when conditional instability
is present (namely, where saturation moist static energy decreases with height
between the PBL and the two upper-tropospheric layers), and where relative
humidity in the PBL exceeds a fixed threshold. The cloud-base mass flux (at
the top of the PBL) is such that the PBL relative humidity is relaxed towards
the threshold value. Detrainment occurs only at the cloud-top level (determined
by the conditional instability criterion), while entrainment occurs in the lower
troposphere if the cloud top is at the highest tropospheric level. The air in the
updrafts is assumed to be saturated.
Large-scale condensation: When relative humidity exceeds a fixed threshold, spe-
cific humidity is relaxed towards the corresponding threshold value, and the
latent heat content removed from the atmosphere is converted into dry static
energy.
Cloud cover: Cloud cover is determined diagnostically from the relative humidity
in an air column including all tropospheric layers except the PBL. This was
one component of the model that was modified relative to the original Molteni
(2003b) scheme. The alterations are described in Appendix A.
Short-wave radiation: The shortwave radiation is treated with a down-and-up
scheme. Shortwave radiation is reflected by clouds at the top of the tropo-
sphere and at the surface; the cloud albedo is proportional to the total cloud
cover. Shortwave transmissivity is a function of layer mass, specific humidity
and cloud cover.
Long-wave radiation: The longwave radiation is also treated with a down-and-up
scheme. A four-band LW scheme is used, one for the atmospheric "window"
and the remaining four for the absorption by water vapor and carbon dioxide,
dependent on the mass and humidity of the layers.
Vertical diffusion (shallow convection): Vertical diffusion only acts between the
two lowest model layers. Dry static energy and specific humidity are diffused
when a conditional instability criterion is satisfied. Otherwise, only humidity is
diffused, at a slower rate.
The oceanic and ice counterparts to the atmospheric physics have been extracted
from the core ocean model described in Marshall et al. (1997a,b) and http: //mitgcm.
org. The atmosphere, ocean, and ice components are all integrated on the same
horizontal grid simplifying coupling procedures. The ocean has 15 layers spanning
5.2 km in the vertical and ranges in thickness from 50 meters near the surface to 690
meters at the bottom. Due to the choice of an ocean basin which has a flat bottom,
topographic form drag plays no role in balancing momentum input from the wind,
whereas mountain drag is the primary momentum sink in the Antarctic Circumpolar
Current of the present climate. Therefore, to avoid the generation of excessively
strong barotropic zonal flows, an enhanced bottom friction (linear drag) parameter
is employed that is tuned to damp abyssal currents toward zero. Components that
represent ocean-only processes employed in the calculations are:
Convective adjustment: Statically unstable fluid parcels are homogenized through
adjustment or through implicit vertical diffusion (Klinger et al. 1996).
Geostrophic eddy parameterization: Following Gent and McWilliams (1990),
Redi (1982), and Griffies (1998), tracers are advected by the transformed Eu-
lerian mean and parameterized as a flux down the large-scale density gradient.
The transfer (GM) coefficient is 800 m2/s while diapycnal mixing is represented
with a constant vertical diffusivity for temperature and salt of 3 x 10- 5 m 2 s - 1
Sea ice: The two layer thermodynamic sea ice model based on Winton (2000), a
derivative of the the Semtner (1976) model, is employed.
2.3 Model execution and spin up
The whole system is integrated forward on a parallel computer, one processor being
employed for each side of the atmospheric cube, one for the ocean, and one to handle
coupling. The system can carry out 1000 years of synchronous coupled integration
in three to four weeks of dedicated computation. The National Aeronautics and
Space Administration's Columbia Altix cluster was the primary computer used for
the calculations. Fluxes of momentum, heat, and freshwater are exchanged every
model hour (the ocean model timestep; the atmospheric timestep is 7.5 minutes).
The Aqua configuration was launched first using an initial state of rest with tem-
perature and salinity distributions taken from a zonal-average ocean climatology made
symmetric about the equator. Aqua was integrated for over 8000 years with a final
mean ocean temperature drift of < 0.05 oC/century. The Ridge, EqPas, and Drake
calculations were initialized from the Aqua state after 1000 years of integration and
were subsequently integrated for a minimum of an additional 5000 years until the
mean ocean temperature drifts were < 0.05 aC/century. The final states for the four
configurations are in a quasi-equilibrium with negligible abyssal temperature trends
but significant variability on annual to decadal time scales. For Aqua, Ridge, and
Drake, the calculations were also initialized from especially warm and cold states (the
latter with ice, the former without) to probe to the effect of initial conditions on the
final states. In all instances the same final ice edge extents were realized with the
abyssal temperatures asymptoting towards the same value.
To accelerate the spin-up of the calculations, periodic coupling of the atmosphere
and ocean was implemented as described in Sausen and Voss (1996), Voss and Sausen
(1996), and Voss et al. (1998). Here the model is run synchronously for a period of
time (usually greater than 17 months) from which the monthly average surface fluxes
are stored and used to run the ocean component of the model in isolation. While
this approach was successfully implemented and executed for Ridge and EqPas where
there was no ice, the presence of ice proved problematic for the periodic coupling.
The sea ice, which is implemented in the atmospheric component of the model, is
sensitive to small changes in sea surface temperature. Thus, after an ocean-only
period there would typically be a rapid adjustment in the ice extent which would
then influence surface fluxes gathered for the following ocean-only segment. This
issue could potentially be alleviated by implementing the sea ice model within the
ocean component, but this has not yet been done.
Before going on to describe the resulting climatologies of Aqua, Ridge, EqPas, and
Drake, it is worth commenting the merits and limits of the coupled atmosphere-ocean-
ice model employed here. The model was chosen for its computational efficiency while
still including key physical processes in the atmosphere, ocean, and ice components,
critical among them the ability to resolve atmospheric eddies and have non-prescribed
winds. A key question that must be asked of any numerical study, especially one
such as this where there are no observations for comparison, is: How robust are
the results? In an absolute sense it is likely that an actual planet such as Aqua
would have differences in its climatology compared to what is found here. However,
most of the analyses and conclusions herein are based on comparisons between the
configurations where, if the key physics and feedbacks are included, the model should
to be able to capture the key differences. Thus, while there may not be absolute
confidence in using the model results to say whether or not an actual Aqua or Ridge
would have the exact polar sea ice extents found here, the results suggest that, with
reasonable confidence, Aqua would have greater sea ice cover than Ridge. While the
question of robustness of solutions from numerical calculations with such idealized
configurations will never be answered to complete satisfaction, these integrations still
prove remarkably illuminating and I hope that others will undertake similar studies
such that the results may be compared.
Chapter 3
Aqua-planet climatologies
In this chapter I describe the results of the aqua-planet calculations employing ide-
alized ocean basin geometries introduced in Chapter 2. I present an overview of the
climatology with a particular emphasis on the heat transports. These results, while
interesting in their own right, also provide a basis for the studies of total meridional
heat transport and its partition in Chapters 4 and 5, respectively. While the discus-
sion here focuses entirely on the annual average climatology, the calculations exhibit
variability on a number of time scales. A discussion of the coupling of annular-modes
in the atmosphere and ocean observed in the Aqua solution can be found in Marshall
et al. (2007). The interannual variability in Ridge has been analyzed in an unpub-
lished note by David Ferreira. This chapter is laid out as follows: In Section 3.1 I
provide a quick overview of the ice cover, surface temperatures, and heat transports
found in the calculations. In Section 3.2 I describe the atmospheric climatologies
which, compared to the ocean climatologies, are relatively similar between the cal-
culations. In Sections 3.3 through 3.6 I describe the oceanic climatologies of Aqua,
Ridge, EqPas, and Drake, respectively. Section 3.7 reviews the results. Sections 3.2
through 3.7 are taken nearly verbatim from Enderton and Marshall (2008).
3.1 Overview
The presence or absence of meridional barriers in the ocean has a remarkable effect
on the climates of the four configurations. Fig. 3-1 presents a 20 year average of
sea surface temperatures (SSTs) and sea ice cover for the aqua-planet calculations.
Whereas Aqua has large ice caps over each pole (polewards of 610 in each hemisphere),
the addition of the meridional barrier to the Ridge ocean alters the circulations and
heat transports in such a way that sea ice disappears entirely. As seen in Fig. 3-2, the
resulting Ridge polar surface air temperatures (SATs) are nearly 20 'C warmer than
in Aqua. Next, with the tropical gap in the ridge introduced in EqPas the polar SATs
are further increased by about 5 'C relative to Ridge. Finally, in Drake the symmetry
about the equator is broken. In the northern hemisphere, with its meridional barrier
in the ocean, it strongly resembles Ridge with its lack of sea ice and similar surface
temperatures. Conversely, in the southern hemisphere where the barrier is absent
south of 40'S, Drake closely resembles Aqua with a polar sea ice cap (southwards of
62'S) and cool surface temperatures. Again, the different climates realized in this
series of experiments is only a consequence of changes in ocean circulation induced
by differences in ocean basin geometry.
Fig. 3-3 presents the total, atmospheric, and oceanic heat transports for the four
configurations. It is rather remarkable how similar the heat transports are to one
another and to those of the present climate seen in Fig. 1-1b. At their peaks, HT
varies between 6.0 PW and 6.5 PW at - ±350, Ho between 1.5 PW and 2.5 PW at
- 15', and HA between 4.8 PW and 5.9 PW at - ±400. While this suggests that
the partition of heat transport in climates with large oceans may be quite robust,
given the major differences in sea ice cover and surface temperatures seen in Figs.
3-1 and 3-2, this result also suggests that small variations in heat transports can be
associated with major differences in climate.
(a) Aqua
(c) EqPas
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Figure 3-1: 20 year average sea surface temperature (colors), sea ice (white), and
land (gray) for (a) Aqua, (b) Ridge, (c) EqPas, and (d) Drake. Sea ice is present
in both hemispheres of Aqua polewards of ±61' and in the southern hemisphere of
Drake south of 62'S.
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Figure 3-2: 20 year annual and zonal average surface air temperatures for Aqua
(green), Ridge (red), EqPas (blue), and Drake (black dashed). Sea ice extents for
Aqua and Drake are marked.
3.2 Atmospheres
Figs. 3-4 through 3-11 (found at the end of this chapter) show 20 year time-averaged
climatological fields from the Aqua, Ridge, EqPas and Drake calculations employ-
ing the idealized geometries shown in Fig. 2-1. All solutions have an atmospheric
zonal-average zonal wind structure in thermal wind balance with the equator-pole
temperature gradient which, in gross structure, is not unlike the present climate (see
Fig. 3-4, top panels). In the tropics there is a Hadley regime with surface east-
erlies and weak meridional temperature gradients. Strong westerly jets are present
in middle latitudes associated with a marked middle-latitude meridional temperature
gradient. The surface winds in middle-latitudes are westerly. The sense of the surface
winds at high polar latitudes depends on the presence or absence of ice. In those cli-
mates and/or hemispheres without ice (Ridge, EqPas, and the northern hemisphere of
Drake) there are polar easterlies which disappear when ice is present - see Fig. 3-5d
which plots the zonal-mean surface wind stress, Fig. 3-5a the surface air temperature
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Figure 3-3: Total (red), atmospheric (green), and oceanic (blue) northward meridional
heat transport for (a) Aqua, (b) Ridge, (c) EqPas, and (d) Drake computed from 20
year annual average climatology.
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and Fig. 3-5e the fractional ice cover.
Fig. 3-6 (top panels) shows the Eulerian mean atmospheric meridional overturn-
ing circulation in the coupled climates. In all cases the mean Hadley Cells are sym-
metrically disposed about the equator (over the seasonal cycle the upwelling branch
'follows the sun', migrating back and forth across the equator) and Ferrel Cells in
middle latitudes with an obvious connection to ageostrophic motion associated with
the surface wind stress patterns seen in Fig. 3-5d. In those climates in which there
are polar easterlies (Ridge, EqPas, and the northern hemisphere of Drake) there is
an associated (weak) overturning circulation at high latitudes. The Hadley Cells are
about 20% weaker relative to Earth observations (Peixoto and Oort 1992).
Fig. 3-7 shows the moisture and salinity distributions of the various climates. The
specific humidity in all climates is largest at low levels in the tropics and diminishes
with increasing height and latitude reflecting the sensitive dependence of the saturated
vapor pressure of water on temperature. The warm climates of Ridge and EqPas have
considerably elevated values of specific humidity relative to cold climates. The air
is very dry over the frozen poles of the Aqua climate and the frozen south pole of
Drake. As discussed in more detail below, excess of evaporation over precipitation
in the middle latitudes of all climates (see Fig. 3-5c) results in the establishment of
middle-latitude salt lenses in the ocean with fresher water found at the surface in the
tropics and, especially in association with ice, over the poles.
The same general structure of HA is seen in all four coupled calculations with
examples shown from Ridge and Drake in Fig. 3-8. There is around 1 PW of latent
heat transport equatorward at ±100 and 4 PW poleward at ±380. Dry static energy
is transported polewards at all latitudes peaking in the topics and middle latitudes.
At 50' meridional atmospheric heat transport is roughly equally partitioned between
dry static energy and latent heat flux. This is in accord with the reference calculation
of a suite of idealized atmospheric calculations presented in O'Gorman and Schnei-
der (2008). Comparing Fig. 3-8 with the data presented in Pierrehumbert (2002),
the coupled model, despite its highly idealized configuration, exhibits a meridional
distribution of latent heat flux similar to observations but with a more pronounced
double-peak in the dry static energy flux.
Fig. 3-8b,d shows that the major part of the poleward heat transport is achieved
by transient eddies, with the mean circulation playing a considerably smaller role,
even at low latitudes. Of course the atmospheric standing eddy contribution in all
of the calculations is by construction very small (there is no orographic forcing).
In Drake, where there is significantly less poleward Ho in the southern hemisphere
relative to Ridge but enhanced HT (see discussion below), this difference is largely
accounted for by enhanced transport of dry static energy by transient eddies.
While there is broad similarity in patterns of circulation between the atmospheres
of the coupled calculations, the ocean circulations in the various basin geometries are
markedly different from one another, as will now be discussed.
3.3 Aqua
As discussed in detail in Marshall et al. (2007)1, in the absence of any meridional
barriers, there is no possibility of Sverdrup balance in the Aqua ocean. Flow is
predominantly zonal and reflects the sense of the surface winds driving them: there is
westward flow in the tropics and eastward flow in middle latitudes. Ekman pumping
centered on +30' and upwelling in a rather narrow band along the equator leads
to Eulerian mean overturning cells that extend down to the bottom of the ocean
basins. There is a compensating eddy-driven circulation. The resulting 'residual'
overturning (discussed at length in Marshall et al., 2007), features strong subtropical
cells (STCs) with a strength of some 60 Sv (Fig. 3-6a). It is tempting to call them the
ocean's Hadley Cells, although they are mechanically rather than thermally forced.
Associated with this overturning circulation, the thermocline features two 'lenses' of
warm, salty fluid overlying much colder, fresher water. In middle and high latitudes,
1There are some differences in model parameters between the Aqua simulation presented here and
that described in Marshall et al. (2007). In this study more typical values of snow and ice albedos
were used (cold/warm snow albedo: 0.80/0.45; ice albedo: 0.60) and an ocean surface albedo which
increases with zenith angle (as in Briegleb et al., 1986). While the broad climatologies of the Aqua
simulation described here and in Marshall et al. (2007) are very similar, the solution presented here
has somewhat less ice cover.
Ekman transport is compensated by eddy-induced circulation resulting in near-zero
residual transport, in direct analogy to the 'vanishing of the Deacon Cell' in the
present climate.
Mechanisms of Ho in the various configurations are revealed in Fig. 3-9 where I
present a Bryden and Imawaki (2001) style decomposition. In Aqua, Ho is dominated
by Eulerian mean (Ekman driven) overturning in the tropics which is partially offset
by heat transport due to eddy-induced circulation - see Fig. 3-9a. In middle and high
latitudes the Eulerian mean and eddy-induced contributions largely offset one-another
leading to weak residual overturning circulation and rather small heat transports
north of 500. Ho reaches a maximum of 2.4 PW at ±15' dropping to less than 0.35
PW polewards of ±50'. HT reaches a peak of 6.5 PW at ±36'. Ice caps extend down
to 61' in both hemispheres of Aqua and surface air temperatures drop to below -15
'C at the poles and peak at 28 'C in the tropics (see Fig. 3-5a).
3.4 Ridge
The ocean circulation in Ridge is quite different from that of Aqua. In particular,
there are no ice caps due to enhanced heat transport by the ocean facilitated by the
presence of a meridional barrier and hence western boundary currents2 . The barrier
interrupts zonal flow and induces Sverdrupian gyral circulation (Fig. 3-10) whose
sense reflects the (westward) integrated curl of the driving wind stress. These wind-
driven gyres are confined to the thermocline, the upper 1000 m or so of the ocean.
The subtropical and subpolar gyres reach magnitudes of 100 Sv while the equatorial
and polar gyres have a strength of 20 Sv and 25 Sv, respectively. The streamfunction
for the depth-integrated flow (barotropic streamfunction) is shown in Fig. 3-10 and
is directly related to the pattern of surface wind stress which (see Fig. 3-5d), through
the Sverdrup relation, explains the subtropical and subpolar gyres as well as the
equatorial gyres feeding a countercurrent (i.e. directed in the opposite sense to the
2By comparison, a repeat of Aqua and Ridge with swamp oceans which are able to store energy
temporally, but not transport it meridionally, yield identical sea ice extents slightly equatorwards of
the sea ice extent found in the fully coupled Aqua calculation.
local winds) along the equator and anticyclonic polar gyres.
The meridional overturning circulation again shows STCs (see Fig. 3-6b) but,
because a zonal pressure gradient nows exist partly balancing the zonal wind stress,
they are of diminished strength (only 45 Sv in Ridge compared to 60 Sv in Aqua) and
are much shallower. The ridge also supports deep meridional overturning circulations
(MOC) emanating from the poles and upwelling in middle-latitudes. The ocean
convective index, shaded red in Fig. 3-6, reveals that deep polar convection is present
in Ridge but absent in Aqua and clearly indicates an association between the high
latitude MOC and polar convection. Polar convection is driven by the disequilibration
between the sea surface temperature and the surface air temperature, facilitated by
meridional advection of energy in boundary currents, which results in enhanced air-
sea flux in the presence of a high-latitude ridge (see Fig. 3-5f).
Due to weaker subtropical cells and an equatorial gyre transporting energy equa-
torward, Ho is much smaller in Ridge (1.5 PW at +180) than Aqua in the tropics
- see Fig. 3-9a,b. In middle and high latitudes, however, Ho in Ridge exceeds
that in Aqua due to the presence of subtropical and subpolar gyres which both act
to transport heat polewards. This mechanism of meridional heat transport by gyres
can be visualized by inspection of Fig. 3-10 which overlays departures in sea surface
temperature from its zonal average on the barotropic streamfunction.
The role of the horizontal circulations (absent in Aqua) can also be seen in the dif-
ference between the contributions to the heat transport by the mean and zonal mean
circulations seen in Fig. 3-9b. In this Bryden and Imawaki (2001) style decomposi-
tion I follow the convention of interpreting the Ho associated horizontal circulations
as being due to gyres. It must be remembered, however, that gyres have three di-
mensional structure which makes interpretation of such a decomposition somewhat
ambiguous. Following this interpretation, Ho is directed poleward and remains sub-
stantial in both the subtropical and subpolar gyres, exceeding 0.5PW all the way up
to ±700. HT peaks at 6.0 PW at ±360. As mentioned previously, there is no ice
present in Ridge. Surface air temperatures rise to 32 'C in the tropics and fall to 3
oC at the poles (see Fig. 3-5a).
3.5 EqPas
The removal of the meridional barrier between 20'S and 20'N in EqPas results in a
major change in tropical ocean dynamics relative to that found in Ridge. The gap
permits strong zonal ocean flow in the tropics peaking at 50 cm s-1 along the equator
with a total volume transport of 1300 Sv through the equatorial passage (Figs. 3-
4 and 3-10). The absence of a zonal pressure gradient along the equator has two
important consequences. First, equatorial gyres and their associated equatorward
heat transport are no longer present. Second, the subtropical cells (see Fig. 3-6) are
of the same magnitude as in Ridge (43 Sv), despite a wind stress which is about 20%
weaker at 15' (Fig. 3-5d). Equatorial upwelling also draws water up from the abyss
which originates from high latitudes, sustaining two deep overturning cells, one in
each hemisphere. They have a strength of order 35 Sv with 20 Sv upwelling in the
tropics. This should be contrasted with the deep overturning cells found in Ridge
which are weaker and confined to high/middle latitudes.
The combined effect of the absence of equatorial gyres and the presence of deep
meridional overturning circulations extending from pole to equator, is to enhance Ho
at all latitudes in EqPas relative to Ridge - see Fig. 3-9b,c. Ho in EqPas reaches
a peak of 2.2 PW at +180, exceeding that in Ridge by 0.5 PW up to a latitude of
+45' . As in Ridge, there is no ice. As discussed in detail in Section 3, the HT in
EqPas, however, is virtually identical to that of Ridge at all latitudes (see Fig. 3-11).
Surface air temperatures reach 31 'C in the tropics and remain a balmy 8 'C at
the poles. Interestingly, air temperatures at polar latitudes in EqPas are some 5 °C
warmer than those found in Ridge, a consequence, one might suppose, of enhanced
meridional ocean heat transport.
3.6 Drake
With a meridional barrier everywhere except south of 40'S, Drake is similar to Aqua
in the high latitude southern hemisphere and to Ridge in the northern hemisphere.
Of greatest significance is that the gap south of 40' permits zonal flows which inhibits
Ho: the weak residual meridional overturning circulation results in a Ho which is
much reduced relative to that found in Ridge and EqPas. In this manner the south
pole becomes 'isolated' from warm waters in the tropics and ice forms extending from
the south pole to 62°S, similar to what is found in Aqua. South of 40'S there is a
strong eastward-flowing ocean current with a peak of 25 cm s- 1 at 480 S (see Fig.
3-4), analogous to the Antarctic Circumpolar Current of the present climate. The
northern hemisphere, however, remains ice-free in the presence of a ridge. A feature
unique to Drake is a cross-equatorial deep meridional overturning circulation. Sinking
occurs in the polar region of the northern hemisphere (see Fig. 3-7) with roughly 12
Sv crossing the equator and 8 Sv upwelling in the southern hemisphere where the
meridional gap is absent. This inter-hemispheric asymmetry is vividly evident in the
hydrological fields (specific humidity and salinity) presented in Fig. 3-7 where there
is a pronounced freshening of the surface waters over the south pole relative to the
north pole. This suppresses the tendency for deep ocean convection in the south
whilst enhancing it in the northern hemisphere, the positive feedback discussed in
Toggweiler and Bjornsson (2000) and references therein.
In the northern hemisphere, Ho peaks at 1.8 PW at 180 N and exceeds 0.75 PW
all the way up to 600 N (see Figs. 8 and 10). In the southern hemisphere, poleward
Ho peaks at 1.6 PW at 15'S and is quite small outside of the tropics. In the northern
hemisphere, the poleward HT is nearly identical to that found in Ridge and EqPas,
peaking at 6.1 PW at 360 N. In the southern hemisphere HT peaks at 6.4 PW at 36'S,
compared to the 6.5 PW found in Aqua. Surface air temperatures reach 31 'C in the
tropics and are -16 'C at the south pole and 3 'C at the north poles (Fig. 3-5a).
3.7 Discussion
I have described a series of experiments on an aqua-planet in which geometrical
constraints on ocean circulation, induced by the presence or absence of meridional
barriers, results in starkly different climate states. The reference solution without
barriers maintains ice over both poles. In general, barriers outside the tropics facilitate
meridional heat transport by ocean circulation and, if they extend to high latitudes,
result in ice-free poles and warmer climates. Opening of gaps in the barrier at high
latitudes inhibits meridional heat Ho there, allowing the poles to freeze over. Opening
of gaps at low latitudes, by contrast, enhances meridional Ho at all latitudes, leading
to warmer poles.
The equilibrium Drake solution most resembles the present climate in its heat
transport partition and has a marked inter-hemispheric asymmetry: ice is maintained
over the pole of the hemisphere in which the high-latitude barrier is opened up. The
meridional overturning circulation of the Drake solution is supported by convection
in the warm hemisphere (the push) and wind-forcing over the open passageway in the
cold hemisphere (the pull).
These different ocean circulations result in a wide range in magnitudes of merid-
ional heat transport by the ocean. The total heat transport of the coupled system,
however, varies significantly less across the coupled calculations compared to the indi-
vidual oceanic and atmospheric components, with changes in atmospheric and oceanic
heat transport largely, but not completely, compensating one-another.
In summary, the geometrical constraints on ocean heat transport have a profound
effect on the climates of these idealized ocean basin geometry coupled calculations.
Having discussed the nature of the circulations in the solutions, I now go on to discuss
their controls on the total meridional heat transport in the following chapter.
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Figure 3-4: 20 year time and zonal mean potential temperature (shading) and zonal
flow (black contours). Atmosphere and ocean potential temperature contour intervals
are 20 K and 2 K, respectively, with a few contour values indicated for reference. The
zero flow line is bold, eastward thin solid, and westward thin dashed with contours
every 4 m s- 1 in the atmosphere and every 5 cm s- 1 in the ocean. Only the top 2
km of the 5.2 km ocean are shown. The presence (and its extent) or absence of ice is
noted in the space between the atmosphere and ocean panels.
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Figure 3-5: 20 year time and zonal average surface fields: (a) surface air temperature
(oC), (b) precipitation (mm day-), (c) evaporation minus precipitation (mm day- ),
(d) zonal average wind stress (N m- 2), (e) fractional ice coverage (0-1), and (f) net
outward surface heat flux (W m- 2).
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Figure 3-6: 20 year time and zonal average meridional overturning circulation in
the atmosphere (Eulerian mean) and ocean (residual mean). The zero overturning
contour is bold, clockwise thin solid, and counter-clockwise thin dashed. Overturning
contours are every 10 Sv = 1010 kg s- in both fluids. The zonal mean convective
index in the ocean is also shown (shaded red and contoured every 0.05).
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Figure 3-7: 20 year time and zonal average atmospheric specific humidity (contours
every g kg-') and oceanic salinity (contours every 0.5 psu). Only the top 2 km of the
5.2 km ocean are shown. The presence (and its extent) or absence of ice is noted in
the space between the atmosphere and ocean panels.
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Figure 3-8: Atmospheric heat transport in PW for Ridge (top) and Drake (bottom)
decomposed into dry static and latent components (left) and mean flow and transient
eddy components (right).
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Figure 3-9: Ocean heat transport in PW
Drake decomposed into total, mean flow
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Figure 3-10: Oceanic depth integrated flow (Sv; black contour lines) overlying SST
deviation from its zonal average (SST - SST ; 'C; blue-red shading). Note that the
contour interval for the depth integrated flow changes from 20 Sv in regions of gyral
flow to 200 Sv in regions of zonal flow. An extra contour at 10 Sv is included in Ridge
to help identify the equatorial gyres feeding a countercurrent along the equator.
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Figure 3-11: (a) Total, (b) oceanic, and (c) atmospheric heat transport Aqua, Ridge,
EqPas, and Drake. Uncertainty envelopes for observation-based estimates of Earth's
heat transport are shown by the shaded regions (taken from Wunsch, 2005).
Chapter 4
Sensitivity of the total heat
transport to atmospheric and
oceanic circulation
In this chapter the degree to which total meridional heat transport (HT) is sensitive
to the details of its atmospheric (HA) and oceanic (Ho) components is explored. The
results of the aqua-planet calculations described in Chapter 3 are discussed in the
context of the Stone (1978) model for HT derived from truncated Legendre polynomial
expansions of the pertinent radiation budget variables. The model illustrates the
interplay between HT and the equator-to-pole gradients in incoming solar shortwave
radiation, outgoing longwave radiation, and planetary albedo. Using this model and
the radiation budget measurements of Ellis and Vonder Haar (1976), Stone (1978)
argued that HT ought to depend on the incoming solar radiation and mean planetary
albedo, but be rather insensitive to the internal details of the atmospheric and oceanic
circulations. Here it is found that Stone's result provides a useful guide when there
is no ice, but not in cold climates with significant polar ice caps and hence strong
meridional gradients in albedo. Since the meridional ice extent is sensitive to details
of atmospheric and oceanic circulation, these cannot be ignored.
This chapter is laid out as follows: In Section 4.1 I review some of the key features
of the heat transports found in the aqua-planet calculations and motivate the use of
the Stone (1978) framework. In Section 4.2 I review this framework. In Section 4.3
I analyze the heat transports found in the coupled calculations in the context of the
Stone (1978) framework and discuss its applicability. In Section 4.4 I apply the same
analysis to Earth Radiation Budget Experiment (ERBE) data. Finally, in Section
4.5 I provide a discussion of the results. This chapter is taken nearly verbatim from
Enderton and Marshall (2008).
4.1 Motivation
Fig. 3-11 shows the total heat transport and its partition between the atmosphere
and ocean in the coupled calculations just described. Even though the diverse ocean
circulations yield a range of Ho varying by up to a factor of 2, the meridional distribu-
tions of HT vary much less between the solutions, and in those climates in which there
is no ice, are almost identical. This is particularly striking when one compares Ridge,
EqPas, and the northern hemisphere of Drake: Ho varies substantially between these
solutions whereas HT does not. The difference in HT between Aqua, the southern
hemisphere of Drake, and Ridge is a consequence of the presence of large ice sheets in
the former two solutions. As will be discussed below, due to enhanced reflected solar
radiation at high latitudes in Aqua and the southern hemisphere of Drake, there is
an augmented gradient in absorbed incoming energy between the equator and poles,
resulting in a higher HT relative to Ridge. Nevertheless, despite the marked inter-
hemispheric difference in ice cover in Drake, HT remains nearly antisymmetric about
the equator: poleward HT is greater in the south relative to the north by - 0.3 PW
(with < 0.1 PW crossing the equator). These results are now explored using the Leg-
endre polynomial expansion model presented in Stone (1978). An instructive 2-box
model, which may have additional physical appeal, is also of interest and described
in an appendix.
4.2 Stone (1978)
Stone (1978) argued that HT was largely independent of the details of the mechanisms
of atmospheric and oceanic heat transport processes and should depend only on solar
forcing, planetary albedo and astronomical parameters. Stone's result is often inter-
preted as being a consequence of the atmosphere being close to a state in which the
outgoing longwave radiation (OLR) is uniform in latitude due to the efficient merid-
ional energy transport by the atmosphere (see, for example, the discussion in Frierson
et al., 2007). However, in Stone's detailed calculations (his Section 3), rather than
assuming an absence of OLR gradients, he notes a serendipitous cancellation of the
effects of the gradients in OLR with gradients in absorbed solar radiation associated
with inter-hemispheric variations in albedo. Moreover, in the present aqua-planet
calculations in which ocean circulation plays an important role in setting ice extent,
and in which ocean circulation depends on forcing from the overlying atmosphere,
the planetary albedo and gradients in albedo cannot be assumed to be fixed a pri-
ori. For these reasons I employ the framework introduced by Stone (1978) to help us
understand the controls on meridional energy transport. I go on to reexamine total
heat transport of the present climate using ERBE data.
The series representation of the heat transport following Stone (1978; Eqs. 6-18
on pages 127-132) begins by assuming a steady state, and hence that the balance
between absorbed radiation, outgoing radiation, and total heat transport is defined
as
dHTdo = 27R 2 cos O[S()a(¢) - I(0)]. (4.1)
Here ¢ is latitude, R is the radius of the Earth, S the incoming top-of-atmosphere
(TOA) solar radiation (W m- 2), a the coalbedo (1-albedo, the fraction of solar radi-
ation absorbed), and I is the TOA outgoing longwave radiation (OLR; W m-2).
Employing the nondimensionalization of Stone (1978), I define
x = sine (4.2)
S = ss(x) (4.3)
I = si(x) (4.4)
'R 2So
HT = 7 f(x) (4.5)
and rewrite Eq. 4.1 as
df= s(x)a(x) 
- i(x). (4.6)
dx
where s(x), i(x), and f(x) are nondimensionalized versions of S, I, and HT, respec-
tively.
By expanding data from Ellis and Vonder Haar (1976) for s, a, and i in a series of
even order Legendre polynomials, Stone (1978) finds that the first two terms of each
expansion capture most of the structure in the fields. That is:
s(x) soPo(x) +s 2P2(x) (4.7)
a(x) aoPo(x) + a2 P2 (x) (4.8)
i(x) ioPo(x) + i 2P2(x) (4.9)
where
Po(x) = 1, P2() = -(3X2 - 1). (4.10)2
Fig. 4-1 shows nondimensionalized Aqua, Ridge, and Drake planetary coalbedo (a)
and OLR (i) from the Aqua, Ridge, and Drakecalculations expanded in zeroth and
second order Legendre polynomials. Incoming solar radiation (s) is represented ex-
tremely well by the zeroth and second order terms and is not shown.
Respectively, so, a0o, and io are the mean incoming solar radiation (normalized to
1 by Eq. 4.3), coalbedo, and OLR. Assuming the system is in equilibrium, OLR must
balance absorbed incoming solar radiation,
io = soao. (4.11)
The second order coefficients, S2, a 2, and i2 , are a measure of the equator-pole gradi-
ents in these fields. Note that 82 (as well as so) is defined externally of the climate
system. The coefficients of i and a will be dependent, at least to some degree, on at-
mospheric and oceanic dynamics. In particular, if the system were extremely efficient
at transporting energy, then i2 would approach zero and the energy reradiated to
space would be uniformly distributed in latitude. The mean coalbedo, ao (and hence
io by Eq. 4.11) can be sensitive to climate dynamics to the extent that dynamics
affect ice extent, cloud cover, and/or land albedo.
Using these truncated expansions and integrating Eq. 4.6 yields
soo + -S2a2 - (-l)+ 2ao + soa2 + -S2a2 - i 2  (4.12)5 7 2
On evaluating the coefficients, the (x - 1) term is found to be negligible compared to
the (x3 - x) term, as one would expect since there is little to no total heat transport
across the equator (x = 0), leaving
f - s 2ao soa2 + 2 - (x 3 ) [4 Term HT Balance] (4.13)
Note that the last three terms in Eq. 4.13 include second order coefficients which are
expected to be the most sensitive to atmosphere and ocean dynamics.
Remarkably, when Stone (1978) estimated the magnitude of the terms in Eq. 4.13
using data, he found that soa2 + 7s 2a2 - 2 0 (attributed to the correlation between
local absorption of shortwave radiation and local emission of longwave radiation;
soa 2  i2); see Table 4.1. Thus, as an approximation for HT, Stone (1978) arrived at
f -(s 2ao) ( - [1 Term HT Balance] (4.14)2
-s2ao -soa2 - 82a2 +i2 Sum Max HT Max HT Max HT
1-Term 4-Term Actual
Aqua N.H. 0.315 0.158 -0.021 -0.04 0.412 5.28 6.90 6.51
Ridge N.H. 0.327 0.031 -0.004 0.004 0.357 5.47 5.98 6.07
Drake N.H. 0.328 0.031 -0.004 0.009 0.364 5.49 6.09 6.14
Drake S.H. 0.314 0.157 -0.021 -0.045 0.405 5.26 6.79 6.36
N.H. (Stone) 0.319 0.192 -0.026 -0.165 0.320 5.35 5.36
S.H. (Stone) 0.319 0.217 -0.029 -0.179 0.328 5.35 5.50 -
N.H. (ERBE) 0.326 0.199 -0.027 -0.133 0.365 5.46 6.12 5.85
S.H. (ERBE) 0.322 0.262 -0.035 -0.183 0.365 5.40 6.12 5.69
Table 4.1: Terms used in the Stone (1978) total heat transport expansion; Eq. 4.13.
The first column gives the (non-dimensional) one-term balance while the Sum column
(the sum of the four terms) give the 4-term balance. The last three columns tabulate
estimates of total heat transport (f dimensionalized back to HT in PW) from the 1-
term and 4-term balances together with the total heat transport found in the coupled
model (last column).
For the remainder of the paper Eqs. 4.14 and 4.13 will be referred to as the one- and
four-term balances, respectively. It is worth reemphasizing that Eq. 4.13 should not
be interpreted as suggesting that f (and hence HT) is a consequence of terms on the
RHS. In actuality, i2 is a consequence of HT rather than vise versa.
The one-term balance has at least two noteworthy characteristics:
1. Coefficients a2 and i2, which are the most likely to depend on the details of
atmospheric and oceanic dynamics, do not appear. Hence, at this level of
approximation, HT is insensitive to particular atmospheric and oceanic circula-
tions (except as they influence the mean planetary coalbedo, ao). This implies
that ocean heat transport differences between two different climates would be
compensated by equal and opposite changes in atmospheric transport.
2. The one-term balance predicts a decrease in HT if the mean planetary coalbedo
(albedo) decreases (increases). If this decrease in planetary coalbedo were spa-
tially uniform, the absorbed solar flux would decrease everywhere without al-
tering the differential heating responsible for driving meridional heat transport.
Changes in albedo, however, are typically non-uniform and, for example, are
likely to involve growth or retreat of polar ice. This suggests that other terms,
such as those containing a2, the equator-pole gradient in coalbedo, may be im-
portant in Eq. 4.13. This is indeed the case in the coupled climate model, as
discussed below.
Given the implications of point (1) and consequence highlighted in point (2), the
efficacy of the one-term and four-term balances are now tested using the coupled
model results as well as the ERBE data set.
4.3 Application to aqua-planet solutions
The total heat transport from the coupled model runs are now compared with the one-
and four-term balances. The coupled model coalbedo and non-dimensional OLR are
expanded in zeroth and second order Legendre polynomials as shown in Fig. 4-1. For
Aqua, the first two terms of the expansion capture the gross equator-to-pole difference
in a and i. There are, however, large differences between the coupled model fields
and these low order fits, particularly in respect of their inability to capture the sharp
changes in coalbedo and OLR across the ice edge at 61'. Despite this, the four-term
balance does reasonably well at reconstructing HT. In contrast, the one-term balance
does not adequately capture HT when large ice caps are present.
There is a much smaller difference between the one- and four-term balances for
the Ridge and EqPas solutions, as can be seen in Fig. 4-1. (These two climates have
virtually identical distributions of albedo, OLR, and HT; only those for Ridge are
shown). The Ridge has much more absorption of shortwave radiation at high latitudes
due to the absence of ice and hence a relatively flat profile of albedo. Similarly, the
OLR profile does not have much structure. Since a and i depend little on latitude (a2
and i 2 are close to zero), it is not surprising that there are much smaller differences
between the one- and four-term balances. The four-term balance also captures HT
well, whereas the one-term balance underestimates HT by about 0.75 PW. The results
for the Drake are very similar to Ridge in the northern hemisphere and to Aqua in
the southern hemisphere.
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Figure 4-1: Aqua (first row), Ridge (second row), northern hemisphere Drake (third
row) and southern hemisphere Drake (fourth row) coalbedo (left column) and nondi-
mensionalized OLR (middle column), expanded in zeroth and second order Legendre
polynomials (denoted "2nd Ord. Leg."). Coupled model total heat transport (dashed)
and its one-term (dotted) and four-term (solid) balances are shown in the rightmost
column.
In summary, Stone's (1978) one-term balance, from which his major summary
conclusions flow, does a rather poor job at representing HT across the suite of aqua-
planet climates. This is not because there are significant gradients in OLR, but rather
because of the presence of gradients in albedo associated with ice-extent. Thus, for
example, in Table 1, the one-term balance (first column) predicts that HT increases
on moving from Aqua to Ridge, whereas the four-term balance (last column), correctly
predicts that HT significantly decreases because of the absence of inter-hemispheric
albedo effects (captured by the s0a2 terms in the second column). Stated again, even
though the planetary albedo increases in the presence of polar ice, tending to decrease
HT, enhanced gradients in albedo more than offset this tendency. Thus it is seen that
Stone's one-term balance breaks down, not because of gradients in OLR (which are
small in all of the aqua-planet climates; see middle panel of Fig. 4-1) but because of
enhanced gradients in albedo between equator and pole.
4.4 Application to ERBE data
Top-of-atmosphere measurements of incoming and outgoing radiation gathered during
ERBE (Barkstrom et al., 1989; Bess and Smith, 1993) have been used by various
authors to estimate HTr. The general procedure is to set HT = 0 at one of the poles
and integrate Eq. 4.1 from that pole to the other. However, the data must be balanced
a priori to avoid an accumulation of errors which can lead to a large residual heat
transport at one pole or the other (Carissimo et al. 1985; Wunsch 2005). One such
method is to simply remove the mean net TOA flux evenly over the entire globe, which
yields a maximum poleward heat transport of about 5.8 PW (see Fig. 4-2). Using
slightly more sophisticated balancing techniques, estimates of peak HT have settled
around 5.5 PW (Carissimo et al. 1985; Trenberth and Caron 2001). Using the Stone
(1978) one-term balance of HT as a constraint, rather than ad hoc balancing, Wunsch
(2005) obtains a profile similar to that of Trenberth and Caron (2001). Carissimo
et al. (1985) ascribes an error of ±1 PW to HT estimates, similar to that generated
by the approach of Wunsch (2005). Keith (1995) estimates an uncertainty of ±0.5
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Figure 4-2: Same as in Fig. 4-1 but using northern hemisphere ERBE data. Prior to
computation of the total heat transport, the ERBE data were adjusted by subtracting
the mean imbalance from the net TOA radiation.
PW. The studies of Keith (1995), Trenberth and Caron (2001), and Wunsch (2005)
all use ERBE data.
Fig. 4-2 repeats the Stone (1978) calculation using ERBE data'. a and i are
expanded in Legendre polynomials, as shown in the left and middle panels of Fig.
4-2. While much of the structure is indeed captured by the first two terms in the
expansion, the higher order terms (especially for i) cannot be neglected. For example,
the relatively low OLR due to the presence of clouds in the Intertropical Convergence
Zone is not captured. When these coefficients are used to evaluate Eq. 4.13, the
difference between the one-term and four-term balance is now - 15%, whereas with
the data employed by Stone (1978) it was - 0% (see Table 4.1). In the present
calculation using ERBE data, the one- and four-term balances differ by about 0.75
PW near 35°N, a considerable magnitude.
Fig. 4-2 presents an estimate of HT based on ERBE observations: the data were
first balanced by subtracting the mean residual from the net TOA radiation and
integrated meridionally from one of the poles, yielding a maximum of 5.8 PW. Also
plotted in Fig. 4-2 is the four-term balance which more closely follows the HT curve
than does the one-term balance. It should be noted, however, that the one-term
balance is a closer match to results based on more involved HT estimation methods
which put the peak value at 5.5 PW (Trenberth and Caron 2001; Wunsch 2005). In
the case of Wunsch (2005), this is possibly a result of having used the Stone (1978)
'Available at http://iridl.ldeo. columbia. edu/SOURCES/. ERBE/
one-term balance as a prior assumption in the calculation of HT. For the study of
Trenberth and Caron (2001), the reason for this result is less clear.
4.5 Discussion
Stone (1978) argued that HT should be independent of the detailed dynamical pro-
cesses responsible for that transport but depend only on the incoming solar radiation
and the mean planetary albedo: the one-term balance of Section 4.2. It is found
that in a warm climate in which there is no ice, Stone's result is a useful guide. In
cold climates with significant polar ice caps, however, meridional gradients in albedo
significantly affect the absorption of solar radiation and need to be included in any
detailed calculation or discussion of HT. Since the meridional extent of polar ice caps
is sensitive to details of atmospheric and oceanic circulation, these cannot be ignored.
The one-term balance does a poor job in capturing HT when there is significant ice
coverage. As ice cover increases, the mean coalbedo decreases but, significantly, the
equator-pole gradient in coalbedo increases. While a reduction of the mean coalbedo
implies a decreased HT, enhanced albedo gradients increase HT. Hence in some cases
the one-term balance predicts that HT will decrease, whereas in fact it increases. A
case in point is that of cold climates. Extensive polar ice caps during the Last Glacial
Maximum (LGM) suggest a lower mean coalbedo relative to the present climate, but
also a larger equator-pole gradient in coalbedo. If the effect of the coalbedo gra-
dient were important, the one-term balance might predict the wrong change in HT
for the LGM. In fact, LGM simulations typically yield greater HT relative to the
present (Ganopolski et al. 1998; Shin et al. 2003) despite a decrease in mean plane-
tary coalbedo. See also Budyko (1969), Sellers (1969) and North (1975) for studies
with energy balance models that pertain to the connection between ice, albedo and
total heat transport.
Despite its limitations, the series expansion methodology of Stone (1978) remains
a useful framework for analysis of the total heat transport. This study suggests that
the four-term balance is required for quantitative study, but at the cost of further
complication. The one-term balance (Eq. 4.14) expresses HT in terms of s 2 (equator-
pole gradient in incoming solar radiation) and ao (the global-mean coalbedo). Given
that s 2 is an external parameter and a0o is a global parameter, the one-term balance
provides an estimate of HT without detailed knowledge of the interior circulation.
In this way the one-term balance could be used as a model for HT as was done by
Wunsch (2005). The four-term balance (Eq. 4.13) captures HT more accurately
but requires knowledge of both a2 and i2 and hence details of the circulation and
radiative-convective balance. Stone (1978) observed from the data available to him
that the soa 2, s 2a2 and i2 terms largely cancelled one-another in Eq. 4.13, leaving the
one-term balance. However, in this study, both with models and ERBE data, such a
close cancellation is not found and further terms in the expansion must be retained.
As a result, it is incorrect to say that HT is determined entirely by external factors
and one must resort to a more complex description. Furthermore, we are not left
with a simple model for HT.
Nevertheless, in the Ridge and EqPas calculations, it is quite remarkable how
insensitive HT is to the starkly different Ho profiles brought about by the differences in
ocean basin geometry. The atmosphere is seemingly able to carry poleward whatever
energy is demanded of it. This is especially evident in the comparison of Ridge and
EqPas which yield an HT which are indistinguishable despite marked differences in
Ho (Fig. 3-11). It is also interesting to note the major differences in climate can exist
even in the presence of virtually identical HT. For example, surface air temperatures
at high latitudes in Ridge and EqPas span 5 'C (Fig. 3-5). Even if HT were to remain
constant, a repartitioning of heat transport between the two fluids could still have an
important impact on the surface climate. For example, the possibilities of high Ho in
the Eocene (Barron 1987) or diminished northern hemisphere Ho due to a diminution
in Atlantic meridional overturning (Broecker 1997) could be very important for the
surface climate.
It is worth pointing out that the differences in HT between a warm climate and
a cold climate need not be large. For example, comparing Aqua (cold) and Ridge
(warm), the peak in HT differs by only 0.5 PW, even though the climates are starkly
different. Given that estimates of the uncertainty in the present climate HT are
around +1 PW (Carissimo et al. 1985; Wunsch 2005), this suggests that getting the
total heat transport correct is a necessary, but not sufficient test of climate models.
A similar point is made by Stone (1978). Simulated climates with differences in HT
that are of the order of measurement errors can be very dissimilar.
Finally, it should be remembered that herein only ocean basin geometry has been
used to explore the sensitivity of the HT and its partition to the particulars of the
atmospheric and oceanic circulations. There are a number of other factors which could
be used to test the sensitivity of HT to various parameters. For example, lowering the
rotation rate has been found to generally increase HT, in particular heat transport
associated with an increased strength and extent of the mean meridional overturning
circulations such as the Hadley Cells (Hunt 1979). Increasing the moisture content
of the atmosphere has also been found to increase HT through increased latent heat
fluxes (O'Gorman and Schneider 2008; Frierson et al. 2007). Finally, increasing the
diapycnal diffusivity in the ocean similarly increases Ho, and if large enough, could
increase HT (Vallis and Farneti 2009a,b).
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Chapter 5
Heat transport partition between
the atmosphere and oceans
While in the previous chapter I focused on the total meridional heat transport (HT),
here I analyze the partition of the heat transport between the atmosphere (HA) and
oceans (Ho) found in the aqua-planet calculations and data. I cast the discussion in
terms of the role of ocean basin geometry in setting the partition and draw parallels
with present and paleo climate. In particular, I adapt the scalings and models of Held
(2001; H2001 hereafter) and Czaja and Marshall (2006; CM2006 hereafter) to better
reflect the presence or absence of meridional barriers in the ocean and use them to
analyze the aqua-planet calculations introduced in Chapters 2 and 3.
This chapter is laid out as follows: In Section 5.1 there is a introduction to this
work including a discussion of the role of meridional barriers in controlling ocean
circulation and a brief overview of H2001 and CM2006. This section is included to
better allow this chapter to be read on its own, though is very similar to, and at times
a verbatim copy of, Sections 1.3.2 and 1.4. In Section 5.2 there is a characterization
of the heat transport partition of the present climate through the residual mean mass
transport streamfunction in energy coordinates. In Section 5.3 I review some of the
key features of the heat transport partition found in the coupled calculations and
also diagnose these climates through the residual mean mass transport in energy
coordinates. Parts of this section overlap with Chapter 3, but are included to better
allow this chapter to be read in isolation. In Section 5.4 I present a mass transport
scaling motivated by CM2006 and adapt it to more fully capture the role of meridional
barriers in setting the Ho and hence the heat transport partition. In Section 5.5 this
scaling is incorporated into the H2001 model for the tropical heat transport partition.
A number of additional modifications are made to the H2001 model to adapt it to the
aqua-planet integrations, the results of which are used to analyze the role a meridional
barrier in the tropics in setting the heat transports therein. Section 5.6 features a
qualitative discussion of the middle latitude heat transport partition and in Section
5.7 the overall results are discussed.
5.1 Introduction
Ocean basin geometry plays an important role in encouraging or discouraging vari-
ous modes of ocean circulation and their associated heat transports. Gyres and deep
meridional overturning circulations (MOCs) are enabled by meridional barriers which
can support zonal pressure gradients. Conversely, surface Ekman-driven flow, such as
the subtropical cells (STCs), need not be balanced by a steady geostrophic interior
return flow. Eddies can close the circulation such as in the Antarctic Circumpolar
Current and hence Ekman-driven overturning cells can be present with or without a
meridional barrier. It has also been proposed that a zonal passage allowing circumpo-
lar flow could alter the strength and extent of deep MOCs. In particular, Toggweiler
and Samuels (1995, 1998) propose that the Atlantic MOC strength is modulated by
the circumpolar passage in the Southern Ocean (the "Drake Passage Effect").
When contemplating the role of ocean basin geometry in controlling the ocean
circulations and their associated heat transports, paleoclimate implications imme-
diately come forward. For example, it is thought that the opening of the Drake
Passage from the separation of Australia and South America from Antarctica 40-20
Ma reduced Ho in the Southern Ocean thereby isolating and cooling Antarctica (e.g.
Toggweiler and Bjornsson 2000). In the past, between 160 and 20 Ma, a zonal pas-
sage to circumpolar ocean flow at low latitudes is thought to have existed. This may
have encouraged strong deep MOCs thereby warming the high latitudes (Hotinski
and Toggweiler 2003). Unlike other factors considered in understanding past warm
climates (e.g. increased greenhouse gas concentrations, increased low latitude ocean
mixing, etc), there is high confidence in the paleogeography reconstructions over the
past 150 Myr. Hence, characterizing the role of ocean basin geometry in setting, for
example, the latitudinal temperature profile, merits attention.
For this work on understanding the role of ocean basin geometry in setting the
heat transport partition I will follow the framework utilized by Held (2001; H2001
hereafter) and Czaja and Marshall (2006; CM2006 hereafter). Both works frame the
problem by noting that the various modes of heat transport are accomplished by
air and water circulating across a given latitude circle with a difference in energy
between the poleward and equatorward branches of the flow. Following the notation
in CM2006, this is expressed as
HA,O = 4 A,OCA,OAOA,O, (5.1)
where A and O denote the atmosphere and ocean, I is the meridional mass transport,
and CAO is the energy contrast across the circulation, moist static energy for the
atmosphere and heat capacity times potential temperature for the ocean. Thus, the
ratio of atmospheric to oceanic heat transport becomes
HA _ FA CAA OA
Ho To CoAOo
Assuming that eddy heat fluxes are negligible in the tropics, TA,O represents
the mean meridional overturning circulations, the Hadley Cell in the atmosphere
and the STCs in the ocean. H2001 notes that these two circulations are linked
through the surface stress such that the surface mass transports are of roughly equal
strength at the interface between the two fluids with the return flows in the interior;
TA - TO. Assuming adiabatic interior flow in the ocean, AOo is related to the
temperature difference between the surface at the latitude of interest and the surface
of the subducting branch of the STC which is at the poleward edge of the tropics. In
the atmosphere, H2001 assumes that the moist static energy is constant for a parcel
of air upwelling near the equator and moving poleward aloft. Hence, AOA is related
to the surface temperature contrast between the latitude of interest and the latitude
of the upwelling branch of the Hadley cell in the deep tropics. With "A,o of the same
order, Ho dominates near the equator where CoAOo O CAAOA while HA dominates
at the poleward flank of the tropics where CAAOA CoAOo.
In middle and high latitudes, with atmospheric eddy heat fluxes playing a major
role in the atmosphere, CM2006 cast Eq. 5.1 in energy coordinates by computing
TA,O in energy-layers (again, moist static energy in the atmosphere, heat capacity
times potential temperature in the ocean). From comparing TA,O computed from
National Centers for Environmental Prediction (NCEP) and European Centre for
Medium-Range Weather Forecasts (ECMWF) reanalyses and an ocean simulation,
they find that CAAOA CoAOo in middle to high latitudes. These same diagnostics
also show that 'A 4O in this region and hence HA > Ho (see Fig. 5-2).
5.2 Present climate
The total heat transport and its partition between the atmosphere and ocean for the
present climate are given in Fig. 5-1b. The ocean dominates the heat transport in
the deep tropics and the atmosphere in the middle and high latitudes thereafter as is
clearly seen in the ratio of the atmospheric and oceanic heat transports to the total in
Fig. 5-Ic. CM2006 analyze these transports in the context of Eq. 5.1 by computing
the residual mean mass transport streamfunction in energy coordinates, the results
of which are seen in Fig. 5-2.
In the atmosphere the mass transport is calculated from daily NCEP reanalysis
output (Kalnay et al. 1996). For each set of daily output the mass transport in an air
column is divided into moist static energy layers. The mass transport in each energy
layer is them summed over longitude and the daily mass transports averaged over a
year to produce an annual average. Thus, this diagnostic captures the mass transport
in energy coordinates from all types of circulations: mean flows as well as transient
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Figure 5-1: (a) Top-of-atmosphere net incoming radiation (red), outgoing longwave
radiation (blue), absorbed incoming solar radiation (green) from ERBE data (Bark-
strom 1984). (b) Total northward meridional heat transport (red; from ERBE data)
and its atmospheric (green; computed from NCEP reanalysis output [Kalnay et al.
1996] using the same time span as the ERBE data) and oceanic (blue; computed as
a residual) contributions. (c) Ratios of atmospheric (blue) and oceanic (green) heat
transports to the total heat transport. This is a repeat of Fig. 1-1
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Figure 5-2: Residual mean mass transport streamfunction in energy coordinates for
the atmosphere (black) and ocean (gray). The atmosphere is calculated from daily
National Centers for Environmental Prediction (NCEP) reanalysis output and the
ocean from a long simulation using the MIT general circulation model. Contours
are every 10 Sv (= 109 kg/s) with solid and dashed lines denoting clockwise and
counterclockwise flow, respectively.
and stationary eddies. For the ocean, the output from a long simulation is utilized.
Time mean meridional velocities, potential temperatures, and bolus velocities from
the Gent and McWilliams (1990) eddy parameterization are this used calculate the
mass transport in an analogous manner as the atmosphere.
This diagnostic allows for easy comparison of the strength of the circulations and
the energy contrasts across the flows in the two fluids. For example, at middle to
high latitudes CM2006 find that the atmospheric mass transport is much larger than
its oceanic counterpart, TA >> 'O; a fact that is somewhat remarkable given that
the ocean density is 103 times greater than that of the atmosphere. They also find in
this same region that the energy contrasts across the flows are of equal order; that is,
CAAOA P CoABo. Thus, with 1 A > 'o and CAAOA - CoAOo at middle and high
latitudes, HA > Ho.
5.3 Heat transports in aqua-planet calculations
The coupled model calculations with idealized ocean basin geometries were intro-
duced in Chapter 2 and their climates presented and discussed in Chapter 3 (see also
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Figure 5-3: 20 year average sea surface temperature (colors), sea ice (white), and
land (gray) for (a) Aqua, (b) Ridge, (c) EqPas, and (d) Drake. Sea ice, shaded
white, is present in both hemispheres of Aqua polewards of ±610 and in the southern
hemisphere of Drake south of 62°S.
Marshall et al. 2007, Enderton and Marshall 2008). Here I briefly review features
of the climates pertaining to the partition of heat transport between the atmosphere
and oceans and diagnose the heat transports in the context of the residual mean
mass transport streamfunction in energy coordinates. Fig. 5-3 provides an overview
showing the ocean basin geometries and the 20 year average sea surface temperature
(SST) and sea ice cover for the calculations.
The total, atmospheric, and oceanic heat transports for the coupled calculations
are shown in Fig. 5-4. At first glance, it is remarkable how similar the heat trans-
ports are to one another and to those of the present climate. At their peaks, HT
varies between 6.0 PW and 6.5 PW at - ±35', Ho between 1.5 PW and 2.5 PW
at - ±15', and HA between 4.8 PW and 5.9 PW at - ±40'. While this suggests
that the partition of heat transport in climates with large oceans may be quite ro-
bust, given the major differences in ice cover and surface temperatures between the
coupled calculations (Fig. 5-3), this result also emphasizes how small variations in
the heat transports can have a major impact on climate. Given that the geometric
constraints are imposed on the ocean circulation and that the subsequent discussion
on the heat transport partition will focus heavily on the ocean, Ho is is further de-
composed similarly Bryden and Imawaki (2001). Fig. 5-5 presents Ho decomposition
into contributions from the mean flow (-vT), zonal mean flow (Ux'tt; meridional
overturning circulations), mean flow - zonal mean flow (horizontal circulations), and
parameterized eddies. In such a decomposition the heat transport associated with
horizontal circulations is often ascribed to gyres. In the case of Ridge (see Fig. 5-5b),
the heat transport from the horizontal circulations show clear peaks which match
well with the location and directionality of the equatorial, subtropical, and subpolar
gyres as seen in Fig. 3-10. Thus, while gyres are known to have three dimensional
structure which make a Bryden and Imawaki (2001) style decomposition somewhat
ambiguous, here I will follow the convention of interpreting the contribution to Ho
by the horizontal circulations as the contributions from gyres.
To better diagnose heat transports in these coupled calculations I also compute the
residual mean mass transport in energy coordinates. Fig. 5-6 presents the identical
calculation to that shown in Fig. 5-2 but for the aqua-planet calculations. The ocean
residual mean mass transports are also decomposed into their Eulerian and bolus
components. Fig. 5-7 shows the decomposition of the ocean mass transport into
that done by the zonal average circulations and that by the horizontal circulations,
the later being computed as the difference between the former and the full residual
mean mass transport. The contribution to the mass transport from the zonal average
circulations are meridional overturning circulations which occur in the latitude-height
plane. The horizontal circulations are those which occur in the latitude-longitude
plane and, as with the Ho decomposition, are associated with the gyres. Fig. 5-8
shows the decomposition of the atmospheric mass transport into contributions from
the mean circulations and transient eddies.
In the tropics of Aqua there is strong poleward Ho with a peak of 2.4 PW at +15'.
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Figure 5-4: Total (red), atmospheric (green), and oceanic (blue) northward meridional
heat transport for (a) Aqua, (b) Ridge, (c) EqPas, and (d) Drake computed from 20
year annual average climatology.
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Figure 5-5: Annual average ocean heat transport in PW for (a) Aqua (b) Ridge,
(c) EqPas, and (d) Drake decomposed into total (black), mean flow (v t ; red), zonal
mean flow (Jxt x t ; green), mean flow - zonal mean flow (horizontal circulations; blue),
and parameterized eddies (cyan). As discussed in the text, the ocean heat transport
associated with the horizontal circulations is ascribed to role of gyres.
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Figure 5-6: Atmospheric (black) and total ocean (upper grey), ocean Eulerian (middle
grey), and ocean bolus (lower grey) mass transport streamfunctions in constant energy
layers as in Czaja and Marshall (2006). Atmospheric contours are every 20 Sv (=
109kg s-1 ) and oceanic contours every 10 Sv.
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Figure 5-7: Atmospheric (black) and total ocean (upper grey), ocean zonal mean
(middle grey), and ocean total minus zonal mean (lower grey) mass transport stream-
functions in constant energy layers as in Czaja and Marshall (2006). Atmospheric
contours are every 20 Sv (= 10'kg s-1) and oceanic contours every 10 Sv. The nonzero
Aqua horizontal mass transport is an artifact of interpolation.
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Figure 5-8: Atmospheric total mass transport (upper panels) and its contributions
from the mean circulations (middle panels), and eddies (lower panels) in constant
energy layers as in Czaja and Marshall (2006). Contours are every 20 Sv (= 109kg
S-1).
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This tropical Ho is dominated by the Ekman-driven STCs and offset partially by the
bolus transport arising from the parameterized eddies (Fig. 5-6a). In the middle
latitudes these same circulations are present, though due to the opposite sign in the
wind stress and isopycnal slopes, are in the reverse direction relative to the tropics.
They nearly cancel there, with the bolus transport slightly larger than the Eulerian
transport leading to a Ho of less than 0.35 PW polewards of ±50'. This cancellation
of Eulerian and bolus circulations is seen clearly in the decompositions of the mass
transport stream function in Fig. 5-6a and Ho in Fig. 5-5a. Furthermore, with no
meridional barriers to zonal flow, the mass and heat transports are due entirely to
the zonal average circulations as seen in Fig. 5-7a. HT reaches a peak of 6.5 PW
at ±360. Again, ice caps extend polewards of 61' in both hemispheres of Aqua and
the annual average surface air temperatures peak at 28 0 C in the tropics and drop to
below -15 'C at the poles.
In Ridge, the STCs are again dominated by the Ekman-driven Eulerian flow,
though with only a minimal offset from the bolus transport due to a thermocline with
much smaller isopynal slopes relative to Aqua. As seen in Fig. 5-6b, the STCs are both
weaker and span a smaller energy contrast between the equatorward and poleward
flows than in Aqua. Furthermore, there is a small equatorward heat transport from
the equatorial gyres evident in Fig. 5-5b. The net result is that the tropical Ho peaks
at 1.5 PW at ±18'. In middle and high latitudes, however, Ho in Ridge exceeds that
in Aqua due to the presence of subtropical and subpolar gyres as well as deep MOCs
with high latitude convection and upwelling at middle to high latitudes within each
hemisphere. The role of the subtropical and subpolar gyres in poleward heat transport
is seen in the bottom panel of Fig. 5-7b. The deep MOC at middle and high latitudes
is also seen in the middle panel of Fig. 5-7b. Altogether, Ho exceeds 0.5 PW all the
way up to ±700. HT peaks at 6.0 PW at ±360. There is no ice present in Ridge
except for a couple occasional polar grid cells during the winters. The annual mean
surface air temperatures are 32 'C in the tropics and 3 'C at the poles.
Circulations and heat transports in EqPas have strong similarities to Aqua in the
tropics where they both feature zonal ocean flow, and to Ridge in middle to high
latitudes where they both have a meridional barrier. The primary feature unique to
EqPas is an exceptionally strong deep MOC across each hemisphere with - 20 Sv
spanning AO 20 'C at ±35'. As seen in Fig. 5-6c, the deep MOC is made up of
both Eulerian mean and bolus components, the latter prominent between 30' and 50'
in each hemisphere. The combined effect of the absence of equatorial gyres, strong
STCs, and strong deep MOCs extending from pole to equator is to enhance Ho at all
latitudes in EqPas relative to Ridge. Ho reaches a peak of 2.2 PW at ±180, exceeding
that in Ridge by 0.5 PW up to a latitude of ±450. As in Ridge, there is no ice and
their HT are virtually identical. The annual average surface air temperatures reach
31 'C in the tropics and are a balmy 8 'C at the poles.
Drake, which is very similar to Ridge in the northern hemisphere and Aqua in
the southern hemisphere south of 40'S, features a cross-hemispheric mass transport
clearly seen in mass transport contributions from the Eulerian and zonal average
circulations in Figs. 5-6d and 5-7d. With this interhemispheric deep MOC in Drake,
Ho is no longer antisymmetric about the equator (see Fig. 5-4d). In the northern
hemisphere, Ho peaks at 1.8 PW at 180 N and exceeds 0.75 PW all the way up to
60'N. In the southern hemisphere, poleward Ho peaks at 1.6 PW at 150 S and is
quite small outside of the tropics. In the northern hemisphere, there is no ice and
the poleward HT is nearly identical to that found in Ridge and EqPas, peaking at 6.1
PW at 36oN. In the southern hemisphere, ice cover is nearly the same as in Aqua and
HT peaks at 6.4 PW at 36°S, compared to the 6.5 PW found in Aqua. The annual
average surface air temperatures reach 31 'C in the tropics and are -16 'C at the
south pole and 3 'C at the north pole.
We see that even though the diverse ocean circulations yield a range of Ho vary-
ing by up to a factor of 2 across the calculations, there is a compensation with HA
such that the meridional distributions of HT vary much less than either Ho or HA
between the solutions. In the atmosphere, the average of the peak mass transports in
energy coordinates in the two hemispheres, which occur at middle latitudes, are 186
Sv, 167 Sv, and 161 Sv, for Aqua, Ridge, and EqPas, respectively. Drake has peak
mass transports of 188 Sv and 163 Sv in the southern and northern hemispheres,
respectively; see Fig. 5-6. Concurrently, CAAOA at peak HA is slightly larger in Aqua
relative to Ridge and EqPas with Drake resembling Aqua and Ridge in the southern
and northern hemispheres, respectively. Thus, the compensation between the heat
transports in the ocean and atmosphere is seen both in the strength of the meridional
mass transport and the energy contrast across the circulations. Furthermore, the
decomposition of the atmospheric mass transport into mean flow and eddy compo-
nents seen in Fig. 5-8 reveals that, except in the deep tropics, the meridional mass
transport is dominated by the eddies. In this respect, all the calculations resemble
the present climate.
The resulting heat transport partitions seen in Fig. 5-4 exhibit a number of
interesting features. Again, in all the calculations Ho dominates near the equator
and gives way to HA by the edge of the tropics and throughout middle to high
latitudes - the same qualitative picture presented by H2001 and CM2006. However,
there are some marked differences in the heat transport partition amongst the coupled
calculations. In the tropics, a zonal passage in the ocean clearly promotes enhanced
Ho over simulations with a meridional barrier therein. Conversely, at middle to high
latitudes a zonal passage in the ocean reduces Ho relative to when a zonal blockage
is present. Furthermore, there are still important differences between the calculations
with middle to high latitude ridges (Ridge, EqPas and the northern hemisphere of
Drake) that depend on the presence or absence of a zonal passage in the tropics.
5.4 Heat transport scaling
5.4.1 Background
Here I introduce a mass transport scaling developed by CM2006 to diagnose the
residual mean mass transports and hence the heat transports found in Figs. 5-4 and
5-2 through 5-8. I go on to incorporate the role of gyres into the scaling and in Sections
5.5 and 5.6 apply the result to better understand the heat transport partitions found
in the tropics and middle latitudes, respectively. The scaling begins with the zonal
and time average zonal momentum equation for a Boussinesq fluid (either atmosphere
or ocean),
A &p' &u'v' u'w' 1 &7
- f a + - (5.3)
Prefx (9 ay 8z Pref 9Z
Here x, y, and z are longitude, latitude, and height, respectively, with u, v, and w the
velocities in their respective directions. f is the Coriolis parameter, p the pressure,
pref the reference density, and 7 the turbulent stress due to small-scale processes.
Overbars indicate a time and zonal average and primes denote a deviation from this
average (e.g. u = - + u'). I have neglected the advection of mean momentum by
the mean flow. A is a binary operator set to zero where there is no zonal barriers to
ocean flow (e.g. all atmospheres; everywhere in Aqua ocean) and to one where there
is such a barrier (e.g. everywhere in Ridge ocean). Following a transformed Eulerian
mean procedure (Andrews et al. 1987, Marshall and Radko 2003, CM2006) the role
of eddies is exposed,
a res A p' - u'v' au'w' 1 a
-fVres = f - -es I a (- + Teddy). (5.4)
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Here Vres = V + v* is the residual meridional velocity with v* the eddy or "bolus"
component and
Teddy = fPrefVO (5.5)
Defining the mass transport streamfunction as xI = Pref b, I integrate Eq. 5.4
in the vertical from peak Tres (denoted 4 res,A/o) to the surface (where ,,, res= 0),
ignoring the Reynolds stresses. At peak Tres, Teddy = TA/O and 7 = 0, while at the
surface, Teddy = 0 and 7 = Ts where 7-, is the surface wind stress. Thus, for the
atmosphere
XIres,A = A - T(5.6)f
while for the ocean, with z = -D the depth of peak I'Ires,o,
To - 7s Af p
qfres,O = + A D dz. (5.7)f f D X
We choose the same closure for the pressure gradient term as in CM2006. This starts
with vertically integrating Eq. 5.3 from the bottom of the ocean (z = -H) to the
surface, again ignoring the Reynolds stresses and assuming - = 0 at the bottom,
S-dz = ,. (5.8)
We now assume that the zonal pressure gradient term integrated from z = -D to
z = 0 is proportional to the same term integrated from z = -H to z = 0. That is,
f dz = a dz = ar, (5.9)
D -H
and hence Eq. 5.7 becomes
To - (1- aA)7,XI-res, o - ) (5.10)
and the ratio of mass transports is given by
Tres,A TA - Ts (5.11)
Ires,O TO - (1 - aA)'s
These expressions give a sense of how the mass transport streamfunction in the y - z
(latitude-height) plane depends on eddies and the surface stress, and when multiplied
by a characteristic vertical energy contrast as in Eq. 5.1, gives a simple diagnostic of
the heat transport,
HA dA TA - Ts CAOA(
Ho- (do To - (1 - aA)) CCo (512)
Here dA and do are zonal scales of the atmospheric and oceanic domains (( = do/dA
in H2001; dA/do = 1 for the aqua-planet calculations). At middle and high latitudes,
CM2006 diagnose that TA > Ts and that in the channel geometry of the Southern
Ocean, To < -r. CM2006 suggest that this is due to the fact that eddies in the
atmosphere drive the surface westerlies whereas in the ocean eddies are a consequence
of the surface winds (Gill et al. 1974). Thus, assuming that To - (1 - aA)T, - 7s,
CM2006 arrive at hA/POl O TA/Ts > 1. Combined with diagnosing that CA AA 
CoAOo, Eq. 5.12 reduces to HA > Ho for the middle to high latitudes.
5.4.2 Gyres
In the idealized ocean basin calculations, the presence of a meridional barrier has
three prominent effects on Ho, and hence the partition of heat transport between
the two fluids. First, gyres are induced which generally contribute to poleward Ho
except in the deep tropics where equatorial gyres contribute to equatorward Ho (see
horizontal circulations in Fig. 5-5). Second, deep MOCs that span each hemisphere
(or in the case of Drake, connect the hemispheres) are supported. Finally, the strength
of the STCs is diminished. While the differences in the strength of the zonal average
circulations (STCs and deep MOCs) can be addressed in the context of the heat
transport ratio in Eq. 5.12, the framework does not include the role of gryes.
To proceed, I will simply define an approximate expression for the ocean heat
transport associated with gyres and add it to Eq. 5.12. I start by assuming that
the horizontal circulations (see Fig. 5-5) are dominated by large-scale gyres which
feature interior geostrophic flow balanced by a narrow western boundary current.
I approximate the interior flow using Sverdrup balance and assign a characteristic
energy contrast between the interior flow and the western boundary current, CoATEW
(e.g. Wang et al. 1995, Hazeleger et al. 2004, Rose and Marshall 2008). Thus, the
heat transport associated with the gyres scales as
1 a7
CO 1TEWI (5.13)
where / = df/dy. In an effort to maintain a separation between the mass transports
and energy contrast across the flows for all types of circulation, I choose a crude closure
of ATEW = bAOo, where b may need to be chosen uniquely for the tropics and middle
to high latitude and across calculations. Subsuming / into b (reasonable as separate
values chosen for the tropics and middle latitudes) and adding the expression for the
gyres (Eq. 5.13) into Eq. 5.12 yields
HA (dA) TA -Ts CAAOA (5.14)
Ho do To - (1 - aA)r - bAa CoAeo
I now take this expression for the heat transport ratio, in which we've included the
role of the gyres, and use it to diagnose the differences in the tropical and middle to
high latitude heat transports across the idealized coupled calculations.
5.5 Tropics
5.5.1 Held (2001)
H2001 provides a useful model to help understand why the heat transport is domi-
nated by the ocean near the equator and the atmosphere near the poleward flank of
the tropics. The model starts by observing that in the deep tropics the meridional
overturning circulations, shallow STCs in the ocean and Hadley cells in the atmo-
sphere, dominate the heat transport (see, for example, Chapter 13 in Peixoto and Oort
1992; Boccaletti et al. 2005). Assuming that tropical horizontal eddy transports are
small (an assumption I later revisit) and that meridional circulations are driven by
surface Ekman currents, To and PA must be equal and opposite by continuity of the
stress at the air-sea interface. Here To and 4 A can be interpreted as the surface mass
transports with the return flow in the interiors of the respective fluids. In actuality,
observations show that the tropical oceanic and atmospheric surface mass transports,
85 Sv and 120 Sv respectively (H2001; Klinger and Marotzke 2000 and references
therein), are not in perfect balance due to the presence of land. H2001 defines this
ratio, , such that "o = OJA. With P so closely linked between the two fluids, the
stability, SA,O = CA,OAOA,O, is critical in setting the heat transport partition.
In the atmosphere, SA is set by the physics of moist convection and given by
the difference in the surface moist static energy between the equatorward flow at
the surface and the poleward flow aloft. H2001, making the simplifying assumption
that the poleward flow aloft is dry and has the same energy as at the surface of the
equatorial upwelling region, arrives at
Fd 2
SA(Y) = CAAOA CpAT Y 2. (5.15)
c, is the specific heat capacity at constant pressure, and Fd and Im the dry and moist
adiabatic lapse rates, respectively. Surface air temperature is represented by
Ts(y) Ts (O) - ATy 2  (5.16)
where y is normalized latitude, 0 at the equator and 1 the poleward edge of the Hadley
Cell, and hence, AT is the surface temperature difference over this span.
In the ocean, H2001 follows Klinger and Marotzke (2000) and assumes that in the
STC, water subducted through Ekman pumping near the edge of the tropics flows
adiabatically in the interior until it upwells near the equator. Hence the stability
is defined as the temperature contrast between the surface water at the latitude of
interest and temperature of the subducting water at the poleward edge of the tropics,
Co rT(y)
So () -- VodT. (5.17)
Vo JT (1)
Here I use the notation of H2001 where Vo is the surface ocean mass transport in
the Ekman layer (VA for the atmosphere). Hence, peak I in a column of fluid in the
tropics occurs at edge of the Ekman layer away from the surface and is equal to V at
that same latitude. To proceed from Eq. 5.17, H2001 uses a simple model of uniform
subsidence throughout the tropical atmosphere with a S-function of upwelling near
the equator; Vo = (VA = (V(y) oc 1 -y. For simplicity, the same surface temperature
given by Eq. 5.16 is also used for the ocean. Hence Eq. 5.17 becomes,
1 + y - 2y 2
So(y) = CoBo 0 A- CoAT 3 (5.18)
To avoid a 6-function in the divergence of the heat transport in the oceans at y = 0,
H2001 lets the mass transport go smoothly to zero there by defining
V(y) = Vo(1 - e-(Y/Y) 2)(1 - y), (5.19)
where yo = 0.1. Finally, by combining Eqs. 5.15, 5.18, and 5.19, and for convenience
defining
S c1 r (5.20)
H2001 arrives at
HA CoATAy 2V(y), (5.21)
1 + y - 2y 2
Ho  CoAT 1 V(y). (5.22)3
Fig. 5-9 shows these heat transport profiles, with HT = HA + Ho, and their
partitions using ( = 1.0. Like the present climate estimates in Fig. 1-1, Ho dominates
near the equator and HA at the poleward edge of the tropics. With T1WA = Io from
their connection through the surface wind stress, the heat transport ratio is explained
through CA,OAOA,O . Near the equator, CoAo > CAAOA and hence Ho dominates
there. Near the poleward flank for the tropics, CAAOA CAOo and thus HA is
strongest there.
5.5.2 Application to aqua-planet calculations
Here I look at the ability of the H2001 model to describe the tropical heat transports
found in the Aqua and Ridge calculations. I start by revisiting some of the assumptions
in H2001 including the models used for the surface mass transport and SST. I go on
to make modifications to H2001 to account for some of the differences I find and then
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Figure 5-9: (a): Atmospheric, oceanic, and total heat transport from the H2001 model
with ( = 1.0 and normalized by (CoATVo. (b): Their ratios alongside those of Aqua
and Ridge. 1 in the normalized latitude scale corresponds to the extent of the Hadley
Cell, about 30' in both configurations.
discuss the results. I focus just on Aqua and Ridge because in the tropics EqPas is
very similar to Aqua in both geography and results, and because Drake is complicated
somewhat by the cross-equatorial deep MOC.
In essence, the H2001 model implicitly starts with Eq. 5.14, but makes several
simplifying assumptions such that the mass transport ratio reduces to 4 A/ 4 'O =
s/7, = 1. First amongst the assumptions is that tropical atmospheric and oceanic
lateral eddy mass (and heat) transports are small. As seen in Fig. 5-6b, Ridge tropical
ocean eddy mass transports are indeed small and this assumption appears reasonable.
Aqua, however, features roughly 20 Sv of bolus transport in addition to nearly 60 Sv
of Eulerian transport associated with the STC. As seen in Fig. 5-5, this corresponds
with the poleward Ho being - 50% less than the Eulerian contribution due to the
offset by the equatorward eddy component. For the atmosphere, the contributions to
the mass transport from the mean circulations and eddies are seen in Fig. 5-8. In all
calculations the mean circulation contribution is strongest in the tropics. The tropical
eddy contribution, however, is by no means insignificant. Polewards of - 15' in each
hemisphere it exceeds the mean circulations in both strength and energy contrast
across the flows.
Isolating the mean circulations, the Aqua and Ridge atmospheric and oceanic
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Figure 5-10: Atmospheric (VA) and oceanic (Vo) surface mass transport for the (a)
Aqua and (b) Ridge calculations. For Aqua, Vo is described by the wind forcing term
(V,X) in the zonal momentum equation since the pressure gradient term (V,) is zero,
and hence Vo % V,. In Ridge, the barrier allows a zonal pressure gradient; V is
non-negligible, and hence Vo r V, + V.
surface mass transports along with the model used in H2001 are shown in Fig. 5-10.
In Aqua and Ridge the surface mass transports are parabolic in shape unlike the H2001
model. In Aqua, TA is slightly less than Io near the equatorward edge of the tropics.
In Ridge, the atmospheric and oceanic transports are not equal throughout most of
the tropics. With a meridional barrier, I also find gyres in the tropics. Hazeleger
et al. (2004) propose that the equatorial gyres, and their equatorward heat transport,
play an important role in the tropical Ho. Fig. 5-5b shows the equatorial gyres'
equatorward Ho, its magnitude much smaller than that of the STCs.
Finally, in Fig. 5-11 I see that the tropical SSTs differ significantly between Aqua
and Ridge. In Aqua, there is a 6 'C change from the equator to the edge of the tropics
whereas in Ridge, this difference is about 4 'C. The SST peak in Aqua is also off the
equator.
5.5.3 Tropical mass transports
We now make modifications to the mass transport in the H2001 model to better
represent Aqua and Ridge. To begin, as in H2001 I choose to ignore the lateral eddy
transports. As such, what follows should be considered an analysis of the tropical
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Figure 5-11: (a) Aqua and (b) Ridge zonal average
used in the modifications to the H2001 model.
heat transports by the mean circulations including
eddies in the tropics at the conclusion of this section.
is reduced to
SST along with the simple fits
gyres. I will revisit the role of
With this assumption, Eq. 5.14
HA Ts (CAOA
Ho (1 - aA)Ts + bA--- CoAOo
Ho ( (9y)
(5.23)
Since A = 0 in Aqua, the surface mass transports are simply Ts/f and hence are of
equal magnitude in the two fluids, as seen in Fig. 5-10a. To produce a surface mass
transport that is parabolic, I choose a cubic function for 7, and, applying the small
angle approximation for the Coriolis parameter, arrive at
Ts(y) = 0oy 2(1- y),
V(y) - Voy(1- y).f
(5.24)
(5.25)
Fig. 5-12 shows the Aqua wind stress and surface ocean transport along with Eqs.
5.24 and 5.25 using 70 = -0.47 N/m 2 and hence Vo = 225 Sv (corresponding to a
peak surface mass transport of 56 Sv).
In Ridge, A = 1 and I find that the zonal mean surface mass transport in the
atmosphere and ocean do not match as seen in Fig. 5-10b. To investigate this I
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Figure 5-12: Aqua (a) wind stress and (b) surface mass transport along with the
simple models fits used in the modifications to the H2001 model.
zonally and vertically integrate the zonal momentum balance in the Ekman layer:
ref f v ddz = p dzdz - S ddz Vo =- VP +V. (5.26)
The comparison of these terms in Fig. 5-10b reveals that the introduction of a
non-zero pressure gradient term counteracting the contribution from the wind stress
reduces surface ocean flow. To represent this in the tropical heat transport model, I
choose a = 0.22 for Eq. 5.23 since the peak surface ocean mass transport in Ridge is
22% weaker than the peak surface atmospheric mass transport.
We also add the equatorial gyres to the model. Fig. 5-5b suggests that their
contribution is small, though given comments suggesting their importance to the
tropical Ho (Hazeleger et al. 2004), I include them here. The subtropical gyres are
not included here because the boundary of this model is the extent of the Hadley cell
which is where the wind stress is zero and the subtropical gyre is near its maximum
strength. With zero heat transport from the atmospheric and oceanic mean merid-
ional circulations at this point, the atmospheric eddy component would need to be
included to get the partition correct. Thus, I take the max of 8 and zero to isolate
the equatorial gyre since a < 0 in the region of the subtropical gyre. Hence the
strength of this gyral circulation scales as
il-s
Sc max [0, y(2 - 3y)]. (5.27)
5.5.4 Stability
We are now left to specify SST profiles, recalculate stabilities with the new SSTs and
surface mass transport expression (Eq. 5.25), and make an appropriate choice for b
(Eq. 5.23). For the Aqua SST I choose
T , T - AToe (Y - YT) 2  (5.28)
to capture the off-equator peak. Tr, AToe, and YT are all constants. The Ridge SST
remains given by Eq. 5.16 and the final fits for both calculations are shown in Fig.
5-11. With this SST profile, the Aqua atmospheric stability becomes
SA CFd
SA = Cp AToey(y- 2yT), (5.29)
while the oceanic stability (from Eqs. 5.17, 5.25, and 5.28) is given by
so CoToe 3(y4 - 1) - 4(1 - yT)(y3 _ 1) + 6yyT(y 2 - 1) (530)o = c ( (5.30)6 y(1 - y)
For Ridge, the oceanic stability (from Eqs. 5.16, 5.17, and 5.25) is given by
So COAT 3y 3 - y2-y -1) (5.31)
With this expression for So, I choose b = 0.07 such that the ratio between the peak
heat transports associated with the equatorial gyre and the STCs is the same as that
seen in Fig. 5-5b.
5.5.5 Composite result of modifications
The composite result of adding the Aqua surface temperature model from Eq. 5.28,
the mass transport model from Eq. 5.25 and accommodating the surface pressure
gradient term and equatorial gyres in Ridge is seen in Fig. 5-13a,b. A striking feature
is that in this modified H2001 model, Aqua Ho in the deep tropics is roughly double
that in Ridge. In fact, the zonal average Eulerian Ho in the coupled calculations
differ by about this amount, though the actual total Ho in Aqua is only about 50%
greater than Ridge because there is a much stronger eddy component (To from Eq.
5.23) in the former. In the modified H2001 model here, 52% of the difference in peak
Ho is accounted for by the differences in the surface temperature profile, which has
a much stronger gradient from the equator to the edge of the tropics in Aqua as seen
in Fig. 5-11. A further 31% of the difference is accounted for by the inclusion of
the pressure gradient term in the surface momentum balance allowed by the presence
of the meridional barrier in Ridge. The final 17% is due to the equatorial gyres.
While the equatorial gyres appear to have a rather small role in setting the mean
tropical heat transport and its partition, they may play a more important role in its
interannual variability (Hazeleger et al. 2004, 2005).
The atmospheric heat transport in the modified H2001 model is about 35% greater
in Aqua relative to Ridge. With the same atmospheric surface mass transport in the
two calculations, this is entirely due to the different SST profiles used (see Fig. 5-11).
Note that while there was no attempt to account for the atmospheric surface mass
transport in Aqua being somewhat smaller than in the ocean near the equator, given
the smallness of HA within 100 of the equator, its inclusion would have little impact.
The reason for this difference remains unclear.
In the heat transport partition seen in Fig. 5-13c,d, the modified H2001 model
now captures some of the key differences between Aqua and Ridge. Near the equator
in Aqua, with a relative minimum in SST due to the vigorous upwelling of cold water,
HA < 0. This is captured by using the off-equator peak SST from Eq. 5.28. In the
middle of the tropics, the transition from the majority of HT being done by the ocean
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versus the atmosphere happens further equatorwards in Ridge versus Aqua. In tests
including the difference in SST but a, b = 0 and vise versa, this difference is found to
be almost entirely due to the weaker STCs in Ridge.
Diagnosing Aqua and Ridge in the context of the H2001 model is useful in that
it allows us to include or not include the various modifications to understand their
relative contributions to the tropical heat transports and their partition. For example,
in this manner I diagnose that roughly half the difference in the tropical Eulerian HT
was due to a stronger SST gradient in Aqua. Unfortunately, this work does not
provide insight into how the circulations act to set the SST gradient - a complicated
matter that is also connected with dynamics outside of the tropics.
Also, while this modified H2001 model is useful for diagnosing the relative strengths
of the tropical heat transports in the coupled calculations and produces a plausible
heat transport ratio (Fig. 5-13), it is worthwhile to remember that it is still devoid of
the eddy heat fluxes. As is clearly seen in Figs. 5-6 and 5-8, the eddies are not negli-
gible. With the atmospheric eddies strongest near the poleward edge of the tropics,
their primary effect on the partition would be to move the transition from the regime
where the ocean dominates to where atmosphere dominates further poleward. This
is indeed what is found in the heat transport partition of the idealized calculations
(Fig. 5-13c) relative to the modified H2001 model (Fig. 5-13d).
Altogether, zonal ocean flow in the tropics enhances Ho due to three factors.
First, a meridional barrier introduces an east-west pressure gradient in the surface
layer of the ocean which decreases the strength of the meridional Ekman flow due
to the surface wind stress. For example, the Aqua STCs have a strength of - 60 Sv
versus ~ 45 Sv in Ridge while the strengths of the Hadley Cells are roughly the same.
Second, the absence of a meridional barrier to zonal flow eliminates the possibility
of an equatorial gyre which contributes to equatorward heat transport. In Ridge
the equatorward heat transport associated with this gyre is on the order of 0.25 PW
relative to a peak tropical Ho of 1.5 PW. It should be noted, however, that equatorial
gyres only extend from the equator to ' ±15'. Thereafter are the subtropical gyres
which contribute significantly to polewards heat transport.
Finally, the third reason that the zonal passage in the tropics contributes so greatly
to Ho is that the surface temperature contrast across the tropics is greater than in the
calculations with a meridional barrier. This temperature gradient is set by numerous
factors both within and outside the tropics such as the extensive ice caps in Aqua.
While the first two factors should be robust for any comparison of climates with and
without a meridional barrier in the tropics, this final factor need not hold in such a
comparison.
While these modifications of the H2001 model are important for understanding the
factors that set the tropical heat transport partition and hence the differences between
Aqua and Ridge, it should be noted that the key conclusion of H2001 is retained. The
oceans dominate HT near the equator and gives way to the atmosphere towards the
poleward flank of the tropics. Outside of trivial cases such as extensive continents in
the tropics (dA > do in Eq. 5.23) or a zonal barrier inhibiting the STCs, nothing in
this work suggests that the oceans wouldn't dominate HT near the equator and give
way to the atmosphere by the edge of the tropics.
5.6 Middle and high latitudes
Analyzing the heat transport partition in middle to high latitudes is complicated by
the presence of eddies, particularly in the atmosphere, and the wide range of possible
circulations and their associated heat transports in the ocean. While quantitative
assessment such as that done in Section 5.5 for the tropics is more elusive, progress
can be made in diagnosing the idealized geometry coupled calculations through the
heat transport ratio presented in Eq. 5.14.
Overall, in middle to high latitudes the coupled calculations are characterized by
a residual mean mass transport which is much stronger in the atmosphere relative
to the ocean while the energy contrasts across the circulations are roughly of the
same magnitude in the two fluids. As described in Section 5.3, peak atmospheric
mass transports are on the order of 160-190 Sv; more in the configurations with
small middle latitude Ho such as Aqua and the southern hemisphere of Drake and
less in the configurations with large Ho such as Ridge, EqPas and the northern
hemisphere of Drake. Beyond the STCs in the tropics, the middle to high latitude
residual mean mass transport is on the order of 10-40 Sv, strongest in EqPas and
weakest in Aqua. The energy contrasts for the oceans, while roughly the same order
of magnitude as in the atmosphere, are greatest where strong deep MOCs are present
and weakest in Aqua. Overall, these results from the broad range of climates realized
in the aqua-planet calculations support the main conclusion of CM2006 - roughly
speaking, in middle to high latitudes CAAOA _ COAOo while IA > 'O and hence
HA > Ho. Furthermore, the atmospheric mass transport (in energy coordinates) is
again dominated by the eddy heat flux component as seen in Fig. 5-8.
The most interesting results, as one would expect given the geographic constraints,
appear in the ocean. In the middle latitudes in Aqua I find that the Eulerian mean
and bolus To nearly cancel (see Fig. 5-6a) with the latter being slightly larger. In
the absence of any meridional barriers the Eulerian flow is given by 7s/f. Thus, in
the context of Eq. 5.14: A = 0, To - Ts, and hence Ho O. Indeed, between
400 N and 60'N in Aqua the ocean carries a meager 7 - 9% of the total poleward heat
transport. In Ridge and EqPas, the introduction of the meridional barrier increases
Ho in middle and high latitudes relative to Aqua. First, the horizontal circulations,
which I ascribe to the subtropical and subpolar gyres, contribute significantly to
Ho as seen Fig. 5-5b,c and the lower panels of Fig. 5-7b,c. The fact that these
transports match latitudinally with the barotropic streamfunction support the idea
that the gyres dominate the heat transport in the horizontal plane. Note also that
Ho due to the gyres does not change much between Ridge and EqPas, though with
similar wind stresses and equator-pole temperature contrasts, it would be surprising if
they did. In Drake, Ho due to the.gyres is similar to Ridge and EqPas in the northern
hemisphere, though the subtropical gyre in the southern hemisphere is more spread
out over latitude, consistent with the wind stress curl there. With no meridional
barrier south of 40'S, there is no subpolar gyre in Drake.
In addition to the gyres at middle and high latitudes, deep MOCs in Ridge, EqPas
and Drake play a crucial role in poleward heat transport. Following CM2006, for Ridge
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in the latitude-height plane at 42°N where the wind peaks, Tr/f is of order 10 Sv while
there is about 10 Sv of poleward flow in the upper part of the deep MOC; hence a - 2
in Eq. 5.14. For EqPas, the deep MOC is roughly doubly as strong at 420 N with
20 Sv flowing poleward; hence a - 3. Since at 42oN the curl of the wind stress is
approximately zero I ignore the role of gyres and Eq. 5.14 becomes HA/Ho = TA/Ts7
for Ridge and HA/Ho = ITA/27,S for EqPas. Indeed, in the coupled calculations Ho in
EqPas is roughly double that in Ridge at 42oN where the oceans carry 20% and 10%
of HT in the respective calculations. While Eq. 5.14 captures the key ocean dynamics
of STCs, gyres and the deep MOCs, it does not help in understanding the relative
magnitudes of the different circulations in the coupled calculations. While a given
wind stress sets the strength of the STCs and gyres, understanding the deep MOC
strength in the calculations is more complicated, though critical given the strong
variations between Ridge, EqPas, and Drake.
A classic picture of the deep MOC is of water sinking from convection at high
latitudes driven by surface buoyancy loss, moving equatorward in the interior along
the deep western boundary, and upwelling in lower latitudes (balanced by diapycnal
mixing) (e.g. Stommel and Arons 1960). However, with the key difference between
Ridge and EqPas and between Ridge and Drake being the presence of the zonal passage
to circumpolar flow, I suspect that the so-called "Drake Passage Effect" (Toggweiler
and Samuels 1995, 1998) also plays a key role in setting the strength of the deep
MOC. For Ridge, with a meridional ridge present at the equator, Ekman pumping at
the edge of the tropics is followed by equatorwards geostrophic flow just below the
surface which then upwells at the equator as is evidenced in Fig. 3-6. Without the
barrier at the equator in EqPas, the equatorial upwelling can not be fed by meridional
geostrophic flow. Rather, the equatorial upwelling tilts the isopycnals to a point where
eddies are induced which brings in water from the abyss and acts to pull the deep
MOC when there is a meridional barrier up to the edge of the tropics. In this manner,
a zonal passage in one region can affect the deep MOC and associated heat transport
in another region where there is a meridional barrier. In Ridge, the meridional barrier
increases Ho in part through the introduction of a deep MOC. This middle latitude
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deep MOC and its associated Ho is greatly enhanced in EqPas due the tropical zonal
passage from the Drake Passage Effect. In Drake, the northern hemisphere deep MOC
is also increased relative to Ridge from Drake Passage Effect due to the zonal passage
south of 40 0 S. However, in the southern hemisphere, since the deep MOC is pulled
across the equator, it actually contributes to decreased Ho since it is bringing warm
water northward in the upper branch and cold water southward in the lower branch.
The net result is a non-antisymmetric Ho about the equator with stronger Ho in the
northern hemisphere relative to the northern hemisphere. While not included here, I
found some success in adapting the Gnanadesikan (1999) model to characterize the
strength of the deep MOCs in the various aqua-planet calculations.
5.7 Discussion
In this chapter I reviewed the climatology from the aqua-planet calculations using
the four idealized ocean basin geometries seen in Fig. 2-1 (described in full detail
in Chapter 3). I focused extensively on the residual mean meridional mass trans-
ports calculated in energy coordinates and their decomposition into mean flow and
eddy components. These diagnostics allow me to easily characterize the atmospheric
and oceanic heat transports in the context of Eqs. 5.1 and 5.2. In the tropics, the
atmospheric and oceanic mass transports from the mean flows are of comparable
magnitude, JA , TO. In the deep tropics, the energy contrast across the oceanic cir-
culation is much greater than across the atmospheric circulation, CoAOo > CAAOA,
and hence the Ho dominates there. Moving on to the middle and high latitudes, in
all the calculations the energy contrast across the circulations are roughly equal in
the atmosphere and ocean, CAAOA % COAOo. However, the atmospheric circulation
is much stronger than its oceanic counterpart, TA TO, and hence the atmosphere
dominates the heat transport there.
The heat transports and their partitions were then analyzed in the context of
the H2001 and CM2006 models and scalings. I made an adjustment to the CM2006
mass transport scaling to include the role of gyres to help diagnose the effect of
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meridional barriers on the Ho. When this scaling was utilized in the H2001 model,
it was found that the meridional barrier affects the tropical Ho in two ways. First,
the barrier allowed for a zonal pressure gradient in the surface momentum equation
which reduces the strength of the surface mass transport in the ocean relative to
the atmosphere. Second, the barrier enabled equatorial gyres which transport heat
equatorwards. Including these to reflect the geometry of Ridge, the Ho in the H2001
model was reduced by about 25% relative to Aqua. By using appropriate SST profiles,
the Ho in Ridge was reduced by another 25% relative to Aqua - hence, Ridge has
roughly half the Ho as in Aqua - to bring the relative heat transports from the mean
ocean flow inline with what was found in the coupled calculations. The modified
H2001 model also gives reasonable heat transport partitions compared to the idealized
calculations.
Excluding for the moment the case of Drake, middle latitude Ho in the presence
of a meridional barrier is stronger relative to when a zonal passage to ocean flow.
With a zonal passage there is no gyral or deep MOC contribution to Ho and near
cancellation of the wind driven Eulerian overturning and bolus transports. The result
is weak Ho in middle to high latitudes. Conversely, with a meridional barrier, gyres
and a deep MOC are enabled along with a weakening of the bolus transport. This
is in contrast to the tropics where a meridional barrier results in weaker Ho due to
a nonzero pressure gradient term in the surface momentum balance and equatorial
gyres.
Furthermore, a zonal passage in one region and a meridional barrier in another
can change the strength and latitudinal extent of the deep MOC through the Drake
Passage Effect (Toggweiler and Samuels 1995, 1998). For example, the deep MOC in
EqPas is about 50% stronger than in Ridge with a zonal passage between 20'S and
20'N. In Drake, the Drake Passage Effect from a gap in the meridional barrier south
of 400 S induces a cross hemispheric deep MOCs that increases Ho in the northern
hemisphere and decreases it in the southern hemisphere.
From these calculations and analysis, I speculate that a geographic configuration
akin to EqPas is that which promotes the strongest Ho at all latitudes. Of course
103
other factors such as strong diapycnal mixing near the equator (e.g. from hurricanes
as proposed by Emanuel 2001) can lead to even greater Ho. All of this has important
paleoclimate implications. While factors such as strong greenhouse gas concentrations
possibly helped maintain warm poles during times such as the late Cretaceaous, a
geographic configuration that prompts gyral circulation at middle latitude and a zonal
passage in the tropics that encourages strong hemispheric deep MOC likely played a
role as well (e.g. Hotinski and Toggweiler 2003).
Finally, from this suite of configurations that encourage strong and weak Ho
variously at low and middle to high latitudes, I find that the broad conclusions of
H2001 and CM2006 hold: Ho dominates in the deep tropics and gives way to HA
towards the edge of the tropics through to middle and high latitudes.
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Chapter 6
A new estimate of the total heat
transport and its partition
When analyzing the Earth Radiation Budget Experiment (ERBE) data during the
work presented in Chapter 4, the issue of the large top-of-atmosphere net radiative
imbalance in these data became apparent. This imbalance must be removed before
making an estimate of the total meridional heat transport (HT) Investigations of
how one might do this led me to realize that there was an opportunity to improve
upon the estimates of HT and its partition between the atmosphere (HA) and oceans
(Ho). In this chapter I present an estimate of HT employing a method of minimum
variance estimation (Wunsch 1996, 2005) that combines satellite radiative flux data
from a host of satellites including the recent measurements from the Cloud and the
Earth's Radiant Energy System (CERES; Wielicki et al. 1996) instruments. Equally
important to the estimate itself is that with this approach I am able to produce a
measure of the uncertainty in the estimate which, using the CERES data, is reduced
by 27% at peak transport relative to similar calculations made before the availability
of these data (Wunsch 2005).
This chapter is laid out as follows: Section 6.1 provides an introduction to the
challenges in producing estimates of HT. Section 6.2 reviews previous estimates
of HT, attempts to quantify the uncertainty in such estimates, and how removing
systematic errors in the TOA radiative flux data can affect these estimates. Parts
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of Sections 6.1 and 6.2 overlap with Chapter 1, though are included here so as to
allow this Chapter to stand on its own. Section 6.3 describes the minimum variance
estimation approach in the context of the HT estimation problem. Section 6.4 reviews
the available TOA radiative flux data and highlights those that are incorporated here.
Section 6.5 presents the new estimate of HT and its associated uncertainty. I also
present an estimate of the partition of heat transport between the atmosphere and
oceans. In Section 6.6 the results are discussed.
6.1 Introduction
The energy balance in a polar cap south of a given latitude, o0, can be defined as
(e.g. Starr 1951; Vonder Haar and Oort 1973)
dE = -HT+ Rsum + S, (6.1)
dt
where E is the total energy between the solid Earth and the top-of-atmosphere (TOA),
t is time, HT is the total northward meridional heat transport by the atmosphere and
oceans across ¢0, Rsum is the total net radiative flux into the polar cap at TOA, and
S is the energy flux at the surface of the solid Earth. It is reasonable to assume that
S is small relative to Rsum (Stein et al. 1995) and that in an annual average, Earth
is approximately in a steady state-balance, dE- 0 (an assumption that is revisited
in Section 6.4.7). This leaves
HT = Rsum. (6.2)
Given the zonal average net radiative flux as a function of latitude, R(O), Eq. 6.2
becomes
HTSP (0) = 27r a2  R() cos bd. (6.3)
2
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where a is the radius of the Earth. Alternatively, HT can be defined from the energy
balance north of o0:
2
It is from this starting point of Eq. 6.3 (or Eq. 6.4) that estimates of HT are
made using TOA radiative flux data from satellites or from calculations combining
atmospheric and surface data in radiative transfer models. However, it is also from
this starting point that the difficulties in making such estimates become apparent.
Most data sets are not in radiative balance, with the global mean absorbed solar
radiation not equalling the global mean emitted terrestrial longwave radiation. For
example, satellite data from the Earth Radiation Budget Experiment (ERBE) has a
global mean net incoming imbalance of 5.9 W m- 2, a value much greater the what
is expected from interannual variability or climate change (e.g. Forest et al. 2002;
Harvey and Kaufmann 2002; Hansen et al. 2005), but also typical of TOA flux data.
Hence, integrating either Eq. 6.3 or 6.4 leaves a large residual; HTsp(O = E) = 3.0
PW. As discussed in Wunsch (2005), this discrepancy does not appear to be due
solely to random observational error. With an uncertainty of ±5.5 W m- 2 for each
2.50 x 2.5' grid cell, we'd expect a random summation error to be of order V1728 x 5.5
W m - 2 x(3.8 x 1010 m 2 ) = 0.0087 PW where 1728 is the number of 2.5' x 2.5' cells
and 3.8 x 1010 m2 is the average area of each cell. That this number is so much
less than the actual residual of 3 PW strongly suggests that the errors are in part
systematic and/or are strongly correlated across grid cells. Thus, estimating HT and
its uncertainty hinges in large part on how one deals with both the random and
systematic error present in TOA flux data sets.
6.2 Background
The earliest estimates of HT were made in the pre-satellite era using atmospheric and
surface data in radiative transfer models (see review by Hunt et al. 1986). Despite
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the limited availability of data, using this approach, Simpson (1928) is thought to be
the first to deduce that the climate of Earth transports significant amounts of energy
from low latitudes to high latitudes. This approach is still used today, though with
substantially more data and more sophisticated radiative transfer models (see Section
6.4.6).
With the first space-based radiometer, Explorer 6 (launched February 17, 1959)
brought about the era of satellite-based TOA radiative flux measurements (House
et al. 1986). Early satellite missions were typically short in duration with limited
spacial coverage and diurnal sampling. Due to these limitations, fluxes from numerous
satellite radiometers were compiled into climatological means (e.g. Ellis and Vonder
Haar 1976). In early estimates of HT, Raschke et al. (1973) and Vonder Haar and
Oort (1973) address the challenges brought about by the random and systematic
uncertainties in these data. Using these early satellite TOA flux estimates, Raschke
et al. (1973) finds a net heating of 2.8 W m- 2 , and in what is now a standard
approach, subtracted this value uniformly from the net TOA radiative flux data
before estimating HT from Eq. 6.4 ("standard" balancing hereafter). Vonder Haar
and Oort (1973), making an estimate for the northern hemisphere only, make no
such adjustment but rather estimate the uncertainty in their HT estimate from the
accumulation of errors from the integration of Eq. 6.4 over increments in latitude of
100. Taking a maximum probable bias of ±7.0 W m - 2 for each 100 band in latitude,
they estimate a peak northward HT at 300 N of 5.1 ±0.9 PW (= 1015W) with 0.4±1.8
PW at the equator.
Estimates of HT using more recent satellite data still encounter the same chal-
lenges in accounting for the mean radiative imbalance and in making reasonable error
estimates. Carissimo et al. (1985) and Keith (1995), for example, continue to use the
standard balancing, though Trenberth and Caron (2001) and Fasullo and Trenberth
(2008a,b; FT2008a,b hereafter) take a slightly different approach by adjusting the
outgoing longwave and albedo uniformly as per Trenberth (1997). This balancing by
Trenberth (1997), done to account for the fact that the imbalance is thought to be
primarily due to inadequate sampling of diurnal cycle, will lead to a different HT as
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compared to that from a uniform subtraction of the mean imbalance as it changes
the meridional structure of the net radiation.
Fig. 6-1 illustrates how HT estimates are effected by the method in which the
net radiative imbalance is removed from TOA radiative flux data. The data used are
a modified version of the CERES Energy Balance And Filled (EBAF) Edition 1A
data described in Section 6.4.5. Fig. 6-1b shows the result of calculating HT from
Eqs. 6.3 and 6.4 without first removing the net radiative imbalance. The residual
in these estimates, HT at the pole at the end of the integrations, is 2.5 PW which
corresponds to an average imbalance of 4.9 W m- 2. Fig. 6-1c shows the result of
standard balancing, the balancing performed by FT2008a, and taking the following
linear combination of the two curves in 6-1b (method "E" in Carissimo et al. 1985):
HT () = + HTNP,,() + - HT,(). (6.5)
At their peaks, these three estimates differ by 0.3 PW.
Clearly what is important to the estimation of HT is how the removal of the
imbalance affects the meridional gradient of the net TOA radiation budget. By way
of comparison, consider the results of removing the global mean imbalance, Ro, as a
linear function of the area-weighted latitude favoring a removal of the imbalance at
the poles
HToes (o) = 2a 2 J [R() - 2Ro sin e] cos Ode (6.6)
2
versus the tropics
HTT'o(0o) = 2ra2  0 [R() - 2Ro(1 - sin 0)] cos dob. (6.7)
While there is no particular physical basis for these balancing approaches, Eqs. 6.6
and 6.7 give an idea of how systematic adjustments to the radiation budget affect
HT estimates. Fig. 6-1d presents the result: HT estimates from Eqs. 6.6 and 6.7 are
found to differ at peak HT by 0.6 PW. By comparing balancing methods such as these,
and the spread of HT estimates with a fixed balancing method but different satellite
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Figure 6-1: (a): Top-of-atmosphere (TOA) absorbed incoming shortwave (SW) radi-
ation, emitted longwave radiation (LW), and net incoming radiation. (b): Estimates
of total heat transport, HT, from Eqs. 6.3 and 6.4 without first removing the net
radiative imbalance. (c): Estimates of HT after removing the mean imbalance via
the "standard" method (removing mean imbalance uniformly), the approach of Fa-
sullo and Trenberth (2008a; FT2008a) and from the latitude weighted mean of the
two curves in (b) as per Carissimo et al. (1985) method "E". (d): Estimates of HT
after removing mean imbalance as a linear function of sin q favoring the poles and
the tropics (Eqs. 6.6 and 6.7). A modified version of the CERES EBAF Edition IA
data, described in Section 6.4.5, were used for these calculations.
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data sets (see Hastenrath 1982), Carissimo et al. (1985) ascribe an uncertainty of
±1.0 PW in their HT estimate. In what follows, I endeavor to take a less ad hoc
approach to the problem of estimating HT and its uncertainty.
6.3 Methodology
Following Wunsch (1996, Section 3.6 therein; 2005), I apply the method of minimum
variance estimation to tabulate HT and its uncertainty in such a way that accounts
both for random error in TOA flux estimates while simultaneously removing the
integrated error, which is likely due to systematic errors and/or correlations in the
errors. Start by writing Eq. 6.3 in its differential form,
dHTd = 2xa2 cos R(). (6.8)
Discretizing yields
HT(i+1) - HT(Oi) = A(¢~+I)R(iS+ ), 1 < i < N, (6.9)
where A(j+ ._) is the area between qi and ¢i+1 and R($+ 1) is the zonal average TOA
radiative flux measurement (in W m- 2) in this same band. Assuming there is zero heat
transport at the poles, HT(q1) = HT(¢N+l) = 0. With these endpoint conditions,
the system has N + 2 equations for N + 1 unknowns. Being explicit to include the
fact that there are uncertainties in the measurement of R(¢i+ ), this overdetermined
system becomes an underdetermined one. The system is underdetermined because
the noise unknowns, ai, must be determined along with HT(0 1+1). Written in matrix2
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notation, this system of equations becomes
-1 1 0 ... 0 0 n(¢+) A(1+ )R(0I+ )
0 -1 1 ... 0 0 HT(1) n(02+) A(¢2+ 2+
HT(¢2 ) +
0 0 0 .... -1 1 . n( ) A(N+)R(N+)
1 0 0 ... 0 0 HT(N+1) 0 0
0 0 0 .. 0 1 0 0
(6.10)
or more simply,
Eh + n = r. (6.11)
Here h = HT(i), 1 < i < N + 1, is a vector of HT at all latitudes at which the
estimate is made. r = A(±i+ )R(Oi+ ), 1 < i < N, is a vector of measurements of the
total net radiative flux over the latitude band between qi and Oi+ 1 (in watts) and n =
ni = n(i), 1 < i < N is a vector of the difference between these measurements and
their true values. E is the coefficient matrix written out explicitly in Eq. 6.10. The
bottom two rows represent the polar boundary conditions, HT(1) = HT(N+l) = 0,
to which zero uncertainty is ascribed.
If something is known about the noise structure of the measurements, Rnn =<
nnT > (<> denotes expected value), an estimate, h (henceforth, tildes will denote
estimates as opposed to their true values), could be made via minimizing nTn. This is
referred to as least squares approximation. Unfortunately, while plausible estimates
of the random error in each observation, n?, are available, there is no knowledge
about the correlations between latitude bands, ninj, i $ j, which are very likely to
be non-zero.
To make progress, assume an independent prior estimate of HT, hp, is available
along with a plausible assumption about its covariance about the true mean, Phh =<
(h,-h)(hp-h)T >. Then, to make a new estimate, h, based upon a new, independent
set of TOA radiative flux data, r, and its random error, Rnn, we can use this prior
and its covariances, Phh, to adjust the new data and generate the new estimate.
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Defining Ah = h - h,, an estimate of this adjustment to the prior is made by
minimizing its dispersion around its true value, Ah = h - fh. That is, the diagonal
terms are minimized in
P =< (Ah - Ah)(Ah - Ah)T >=< (h - h)(h - h) >. (6.12)
Following Wunsch (1996, Section 3.6 therein), the minimization process leaves
Ah = PhhET(EPhhET + Rn)- (r - Ehp) (6.13)
P = (P- + ETRnEE) - 1  (6.14)
The new estimate of total heat transport is then simply given by
h = hP + Ah (6.15)
and its covariance is given by Eq. 6.14, for which the square root of the diagonal
elements are the variance about the mean and interpreted as the standard error.
This procedure is particularly useful for estimating the total heat transport for
two key reasons. The first reason is that this method addresses the systematic biases
in such a way that the resulting system is in global energy balance. It starts with
a prior that has no imbalance and uses the new data to "predict" adjustments to
the prior at every latitude while requiring there be zero HT at the poles. By using
the new data to predict latitudinal differences relative to the prior, latitudinal biases
in the data are suppressed. While more subtle biases can remain (e.g. from the
latitudinal structure of the prior HT curve), the estimate is forced to satisfy global
energy balance. Using the TOA radiative flux data from the the Earth Radiation
Budget Experiment (ERBE) and the Stone (1978) empirical model for HT based on
earlier satellite measurements (see Section 6.4.1) along with a conservative estimate
of the variance about the mean for this prior, Phh = 251 (W m-2) 2 , Wunsch (2005)
produced the estimate of total heat transport (and its uncertainty) seen in Fig. 6-2.
This estimate of HT had a wide error envelope with a northern hemisphere HT of
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5.4 ± 1.1 PW at 35 0 N. This wide uncertainty envelope is based on the conservative
Phh given to the prior and by using a random measurement error of +5.5 W m -2 for
the mean of three years of zonal average ERBE data in 2.50 latitude bands.
The second reason that this method is particularly useful is because when new,
independent data become available, this process can be applied successively with the
previous estimate becoming the new prior. Furthermore, zonal average TOA radiative
flux data need not extend from pole-to-pole for it to be incorporated as the covariance
matrix P contains information relating the information at one latitude to all others.
The following section tours through the available TOA radiative flux measurement
data sets and highlights those appropriate for inclusion into a new estimate of HT,
the results of which are presented in Section 6.5.
6.4 Data
For data to be used in the new estimate of HT, it must meet the following criteria: (1)
the data must be zonal in coverage, (2) the data must include a reasonable estimate
of its uncertainty. (3) the data must be independent from the other data sets utilized,
and (4) there must be at least one annual cycle of data so that an annual average can
be computed. This last criterion could be relaxed if the calculations were repeated
on a monthly mean basis, but this is beyond of the scope of this study. With these
criteria in mind, the following TOA radiative flux data sets are considered.
6.4.1 Satellite measurements before Nimbus-6
As reviewed by House et al. (1986) early satellite radiometric measurements were
typically of limited duration and spatial coverage, and hence, early measurements
from multiple satellites were compiled into mean climatologies. Ellis and Vonder
Haar (1976) compiled TOA radiation budget data from 1964 through 1971 including
observations from Nimbus-2 and 3, ESSA-7, ITOS-1, and NOAA-1 as well as experi-
mental radiometers aboard other satellites during 1964 and 1965. This data was used
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by Stone (1978) to derive the empirical model,
HT(¢) = Ho(sin ¢ - sin3 ) (6.16)
where Ho = 13.5 PW. This model is used as the prior in Wunsch (2005) and is
combined with ERBE data for an estimate of HT. Since the Wunsch (2005) estimate
of HT will be used as a prior here, no data from this era will be used as it would not
constitute an independent data set. The use of this result, in light of the work in
Chapter 4, is discussed in Section 6.6.
6.4.2 Nimbus-6, Nimbus-7, ERBE/ERBS WVOF
Scanning and wide-field-of-view (WFOV) radiometers were placed on both the Nimbus-
6 (launched June 12, 1975) and Nimbus-7 (launched October 24, 1978) satellites.
These were the first biaxially scanning broadband radiometers on satellites, and the
19 month record from the instrument aboard the Nimbus-7 provided critical data
for improving the angular distribution models (ADMs) used for converting radiance
measurements to flux data (Taylor and Stowe 1984; Suttles et al. 1988). These ADMs
were employed in ERBE data processing and hence they will not be included in the
new estimate.
Nimbus-6, Nimbus-7, and the ERBE Earth Radiation Budget Satellite (ERBS;
launched October 5, 1984) all contained fixed WFOV radiometers whose robustness
allowed them to collect long time-series of radiative flux data. Nimbus-6 satellite
collected three years of data starting in 1975 which, combined with the 9 years of
data from the Nimbus-7 WFOV instrument, provides a 12 year data set (Kyle et al.
1993). The WFOV instrument aboard ERBS operated 15 years, though with a couple
interruptions such as being powered down for three months in 1993 due to a battery
systems anomaly (Wielicki et al. 2002b). The WFOV instruments had a ground
footprint of order 1000 km x 1000 km and hence the radiance measurements were
converted to flux data on coarse grids (e.g. 10' x 10'). While the instruments are
thought to have been sufficiently stable over time to allow for the study of temporal
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anomalies (e.g. Wielicki et al. 2002a), absolute calibration has proved difficult. For
example, intercomparison amongst the overlapping periods of the WFOV instruments
show some root-mean-square (rms) differences between the data products of 3.5 to 4
W m- 2 for longwave radiation and 7.6 to 8.6 W m- 2 for shortwave radiation (Kyle
et al. 1993). Given that the WFOV measurements from the Nimbus-6, Nimbus-7, and
ERBS satellites lack sufficient absolute calibration and error estimates, these data are
omitted from this analysis.
6.4.3 ERBE scanning radiometers
ERBE scanning radiometers flew aboard the NOAA-9 (launched December 12, 1984),
NOAA-10 (launched September 17, 1986), and the previously discussed ERBS satel-
lite. The ERBS satellite had a non-sun-synchronous orbit with an inclination of 57'
which provided data coverage between 60'S and 60'N and sampled the full diurnal
cycle. Its scanning radiometer operated for five years. NOAA-9 and NOAA-10 were
in higher inclination sun synchronous orbits enabling global data coverage. The ra-
diometers operated in a cross-track scan mode between January 1985 through January
1987 and October 1986 through May 1989, respectively. In his estimate of HT, Wun-
sch (2005) used data from 1987-1989 with a standard error of +7.8 W m- 2 for the
fluxes in each 2.50 x 2.5' cell of the ERBE grid (Rieland and Raschke 1991; Kiehl and
Trenberth 1997). These data is incorporated into the new estimate of HT through
this use in the Wunsch (2005) estimate which is used as a prior.
6.4.4 ScaRaB, GERB
Between ERBE and CERES, there were a few additional satellite-based radiation
budget measurements, though unfortunately none of them suitable for use here. The
French-Russian-German Scanner for Radiation Budget (ScaRaB) project put two in-
struments on Russian weather satellites in the mid-1990s. ScaRaB I (Kandel et al.
1998) was aboard Meteor-3/7 (launched January 24, 1994) and collected and pro-
cessed monthly mean data for March 1994 through February 1995, with the unfor-
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tunate loss of data during October 1994. ScaRaB II (Duvel et al. 2001) was aboard
Resurs-1/4 (launched July 10, 1998) and collected and processed monthly mean data
from October 1998 through April 1999. As the calculations here are in terms of
annual mean radiation budget data, the ScaRaB data are excluded. Also omitted
is data from the Geostationary Earth Radiation Budget (GERB) project (Harries
et al. 2005). The radiometer, as the project name implies, is aboard a satellite in
geostationary orbit and hence these data do not have zonal coverage.
6.4.5 CERES
The Clouds and the Earth's Radiant Energy System (CERES; Wielicki et al. 1996)
project thus far consists of five radiometers spanning three satellites. The Proto-
Flight Model (PFM) radiometer flew aboard the Tropical Rainfall Measuring Mission
(TRMM) which was launched November 27, 1997. TRMM is in a - 350 inclination
orbit yielding radiation budget measurements covering the tropics. Unfortunately the
instrument experienced a power converter anomaly and only collected from January
1998 through August 1998 and for March 2000 (it was turned off between September
1998 and February 2000 to ensure overlap with the CERES Terra instruments; Loeb,
personal communication). These TRMM data are not directly incorporated here as
it does not span a full calendar year, though ADMs developed from these data are
utilized in a minor way in processing the other CERES data to help in the temporal
interpolation of the observations.
Two identical CERES radiometers are aboard both the Terra (launched December
18, 1999; radiometers Flight Model [FM] 1 and FM2) and Aqua (launched May 4,
2002; FM3 and FM4) satellites, part of the Earth Observing System (EOS) Moni-
toring Platform. Terra and Aqua are both in sun synchronous orbits with equatorial
crossing times of 10:30 A.M. and 1:30 P.M., respectively. For the first two years of
each satellite, one instrument per satellite operated in cross-track scan mode to gen-
erate data with global coverage while the other operated in a biaxial scan mode to
provide the angular sampling needed to develop the ADMs used to make the radiance-
to-flux conversions (Loeb et al. 2005, 2007a). After the first two years all instruments
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operated in a cross-track scan mode. As of July 2008, both instruments aboard Terra
and one aboard Aqua (FM3) were still in operation.
Errors in ERBE measurements were dominated by three sources: instrument cal-
ibration, uncertainties in radiance-to-flux conversion, and insufficient sampling of the
diurnal variation of radiation (Wielicki et al. 1996). CERES instruments and calibra-
tion techniques were designed to improve upon those used by ERBE (Lee III et al.
1996). Having a second instrument aboard each satellite the EOS satellites operat-
ing in a biaxial scan mode gives an increased sampling of the angular variation of
radiation which has been used to improve the angular distribution models (ADMs)
employed to convert radiance into flux and to better determine the zenith angle de-
pendence of albedo (Loeb et al. 2005, 2007a). Finally, having instruments aboard
three simultaneous satellites was intended to improve diurnal sampling, though given
the fate of the CERES instrument aboard TRMM, only two simultaneous observing
platforms was achieved.
Here a modified version of the CERES-EBAF ("Energy Balance And Filled")
Edition 1A data set is used which is based on the 1' x 1' monthly mean data in
SRBAVGGEO (Edition 2D Rev. 1). These data were obtained from the NASA Lan-
gley Research Center EOSDIS Distributed Active Archive Center at http: //eosweb.
larc. nasa. gov/PRODOCS/ceres/table_ceres .html. SRBAVG_GEO differs from ERBE-
like processing in part by using observations from five geostationary satellites to better
incorporate diurnal changes in radiation and scene properties into the data process-
ing. Still, like most global radiation data sets, SRBAVGGEO exhibits global mean
imbalance, in its case an extra 6.5 W m-2 entering the climate system.
Loeb et al. (2008) characterized the SRBAVG_GEO data biases and identified
three errors of known sign which they correct. First, they use recent measurements
showing a lower value of the solar constant (1361 W m -2 versus 1365 W m-2; Kopp
et al. 2005). Second, they account for the fact that the Earth is an oblate spheroid,
and not a perfect sphere. Finally, they improve the algorithm for computing near-
terminator fluxes. Combined, these adjustments (dominated by the updated value of
the solar constant) still leave a global mean imbalance of 4.86 W m -2.
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Loeb et al. (2008; Table 2 therein) go on to characterize the biases of unknown
sign. These biases are dominated by absolute calibration uncertainties which at
(2un =) +2% for shortwave radiance and i1% for total radiance met the original
design specifications (Lee III et al. 1996; Priestly et al. 2002). The square root of the
sum of squares of these uncertainties is 4.36 W m - 2 (per monthly mean 10 x 10 cell).
Loeb et al. (2008) go on to use an objective constrainment algorithm to adjust the
outgoing longwave and shortwave fluxes such that the annual average net imbalance
is in line with the estimate of Hansen et al. (2005). This results in increasing the
outgoing longwave and outgoing shortwave by 1.020% and 1.738%, respectively. The
CERES-EBAF data product is this result of correcting for the biases of known sign
followed by the application of this objective constrainment algorithm. For the pur-
poses of the estimation here, the SRBAVG_GEO data is used with the biases of known
sign corrected. In actuality, this amounts to using the CERES-EBAF data set with
the objective constrainment algorithm unapplied. This data set uses measurements
from FM1 and FM2.
6.4.6 ISCCP and GEWEX-SRB
The International Satellite Cloud Climatology Project (ISCCP) measures infrared and
visible radiances from imaging radiometers aboard a global constellation of weather
satellites (Schiffer and Rossow 1983; Rossow and Schiffer 1999). This cloud prop-
erty data is combined with additional surface and atmospheric measurements in a
radiative transfer model to produce estimates of radiative fluxes at the surface, in
the atmosphere, and at the TOA (e.g. Rossow and Lacis 1990). This approach was
used with the ISCCP-C series cloud data product (Rossow and Schiffer 1991) and
the radiative transfer model within the Goddard Institute for Space Studies (GISS)
general circulation model (Hansen et al. 1983) to generate the ISCCP-FC radiative
flux profile data set (Zhang et al. 1995; Rossow and Zhang 1995). The estimate has
since been updated using the ISCCP-D series cloud data product to produce the
ISCCP-FD radiative flux profile data set (Zhang et al. 2004) in an effort to reduce
the systematic errors in the original estimates.
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Similarly, as part of the Global Energy and Water Cycle Experiment (GEWEX)
Surface Energy Budget (SRB) project, the ISCCP-D data were used with other in-
dependent sets of surface and atmospheric data in shortwave and longwave radiation
models based on Pinker and Laszlo (1992) and Fu et al. (1997), respectively, to gen-
erate a separate radiative flux profile data set by this same method (Cox et al. 2006).
Note that while ISCCP-FD and GEWEX-SRB are both independent of direct satellite
observations, their mutual reliance on ISCCP data make then not independent of each
other. Also, recent analysis show that there are large systematic differences between
the two data products (Raschke et al. 2006). Given its more extensive documentation
and characterization, I proceed focusing on the ISCCP-FD data.
The ISCCP-FD data product is appealing because it provides a roughly 20 year
time series of TOA radiative flux estimates that is independent of direct satellite mea-
surements. Unfortunately, the uncertainties in the radiative fluxes estimates are not
well characterized. The uncertainties reported are typically rms differences between
the estimates and direct satellite measurements (Rossow and Zhang 1995; Zhang et al.
2004). In particular, Zhang et al. (2004) report that the rms differences between di-
rect satellite measurements have been reduced from 10-15 W m- 2 with the ISCCP-FC
product to 5-10 W m- 2 with the ISCCP-FD. While this is encouraging, these rms
differences are not sufficient for an independent (from direct measurements) measure
of the uncertainties required in the calculations here. Zhang et al. (1995) study the
dependence of the radiative fluxes on the cloud, surface and atmospheric property
data in a series of sensitivity studies. However, without an expected distribution of
the property values, it is difficult to translate such sensitivity studies into radiative
flux uncertainties. (Zhang et al. 1995) also probe the uncertainty associated with the
radiative transfer model, an additional complication.
Based on this inability to well characterize the uncertainty in the ISCCP-FD
TOA radiative flux estimates, this data is omitted from the calculations presented
here. However, should these uncertainties be better characterized, this calculation
can easily be updated to include the ISCCP-FD data (or GEWEX-SRB, but not
both).
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6.4.7 dE/dt
Here I briefly discuss estimates of the imbalance in the energy budget of Earth to
determine what, if anything, should be done about the dE/dt term in Eq. 6.1. An-
thropogenic forcing is thought to be warming the climate with the oceans accounting
for the majority of the heating (Levitus et al. 2001; Forest et al. 2002; Harvey and
Kaufmann 2002; Levitus et al. 2005; Hansen et al. 2005). To account for an internal
rate of heating in the calculations here it must be well characterized both temporally
and latitudinally such that systematic errors are reduced rather than compounded.
Willis et al. (2004) estimate an ocean heating rate from 1993 to 2003 over the
upper 750 meters of 0.86 ± 0.12 W m - 2 over the ocean surface with a nonuniform
latitudinal and temporal distribution (Figs. 4 and 5 therein, respectively). This rate
is significantly higher than estimates of average heating over the last 40 to 50 years
(Levitus et al. 2005; Domingues et al. 2008). Unfortunately, systematic biases in
ocean temperature measurement devices and poor spatial coverage, particularly in
the southern hemisphere introduce uncertainty into these estimates (Gouretski and
Koltermann 2007; Willis et al. 2007; Harrison and Carson 2007; Carson and Harrison
2008).
While an observation-based estimate of the global mean heating during the period
of CERES measurements may be possible, the latitudinal dependence of the ocean
heating is still highly uncertain given the lack of data in the southern hemisphere
(Harrison and Carson 2007). Furthermore, while the focus here has been on the
ocean as it accounts for an estimated 84% of the global heating (Levitus et al. 2005),
a true measure of heating in a latitude band would also have to include the heating
in the atmosphere, land, and cyrosphere which include their own set of difficulties
(Levitus et al. 2001, 2005). Given all this, I choose to not attempt to remove this
systematic bias in global radiative budget as I can not do so in such a way that will
not also introduce new systematic biases.
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6.5 Results
Based on the methodology presented in Section 6.3 I am now ready to improve the
estimate of HT from Wunsch (2005), who used early satellite measurements and
ERBE data, with the addition of the CERES data described in Section 6.4.5. The
prior, hp, and its variance about the mean, Phh, are taken directly from Wunsch
(2005; personal communication). For r, the aforementioned 10 x 1 CERES TOA
radiative flux measurements are zonally averaged, regridded into 2.50 zonal bands
and multiplied by the zonal band area for the flux in watts. All that remains then
is a measure of the random error, Rnn U= o2I. Accounting for the biases of unknown
sign, Loeb et al. (2008) give an error estimate of ±4.36 W m - 2 for 10 x 10 monthly
averaged grid cells. Like Wunsch (2005), I assume that this is a plausible value for
the zonal and annual mean of the same data. To translate the uncertainty into 2.5'
zonal band so that it is compatible with the ERBE-based prior, I take the square
root of the area-weighted average of squares of the uncertainties in each band. For
these purposes, it is sufficient to assume that the neighboring 1' zonal bands are of
roughly equal area, and hence I arrive at ±4.36 W m- 2 for the 2.50 zonal bands.
While five full years of data are available, since the dominant errors are associated
with calibration and are are highly stable from one year to the next (Loeb et al.
2007b), I use U, = 4.36 W m- 2 for the climatological mean flux data. With the prior
(hp, Phh) and the CERES data (r, R,), I apply Eqs. 6.13-6.15 and generate an
updated estimate of HT.
Fig. 6-2 plots both the Wunsch (2005) HT estimate based on the Stone (1978)
prior and ERBE data and an updated estimate using this previous result as the
prior with the CERES data. This new estimate is antisymmetric about the equator,
with poleward heat transport peaking at 5.6 ± 0.8 PW (lo) at 350 N and 350 S. With
the addition of the CERES data, the uncertainty envelope has been reduced by 27%
relative to the prior, most of it at the lower bound of the Wunsch (2005) HT estimate.
At the equator, there is a northward transport of 0.1 ± 0.9 PW.
Fig. 6-3 shows an estimates of the heat transport partition between the atmo-
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Estimates of total northward heat transport
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Figure 6-2: Estimates of total northward heat teat transport using the Stone (1978)
model as a prior with the ERBE data as in Wunsch (2005) (black curve) and then
using that estimate as a prior with CERES data (red curve). Standard errors are
denoted by the shaded bands.
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sphere, HA, and ocean, Ho, based on this estimate. The Ho estimate and its un-
certainty are taken from Wunsch (2005) with HA calculated as a residual and the
estimate errors of HT and Ho treated as independent. This is opposite of the more
typical approach of calculating HA from reanalysis data and computing Ho as a resid-
ual (Trenberth and Caron 2001; FT2008b) because I have no plausible error estimate
for HA whereas I do for direct estimates of Ho. The Ho estimate from Wunsch (2005)
is primarily from Ganachaud and Wunsch (2003), a global inverse calculation based
on recent hydrographic transects, supplemented by results from Wunsch (1984), Wi-
jffels et al. (1996), and Stammer et al. (2004). (Discussed below, this compilation
is unfortunately devoid of any estimates between 190 S and 9°N). With the CERES
data reducing the HT estimate uncertainty by 27% relative to Wunsch (2005), the
uncertainty in HA, calculated as a residual, is reduced by a comparable amount. In
this estimate, HA features peak polewards heat transports of 4.6 ± 0.8 PW at 40'N
in the northern hemisphere and 5.1 + 0.8 PW at 38°S in the southern hemisphere.
6.6 Discussion
The purpose of this chapter has been to make an improved estimate of the total heat
transport, including error bars, using all appropriate and available data. I have ap-
plied and extended the minimum variance estimation approach employed by Wunsch
(2005). This approach uses a prior estimate of HT and its covariances to predict HT
with new, independent data. The prior comes directly from Wunsch (2005) which
itself is based on a Stone (1978) prior and ERBE data. After considering a multitude
of data, I choose to only include those from CERES as they have good resolution,
annual and zonal coverage, and extensive error analysis. Random measurement error
in the data is taken from Loeb et al. (2008), and the systematic error and/or large
scale correlations that I deduce must exist are removed by using the prior to predict
HT from the CERES data via the minimum variance estimation method.
We estimate poleward HT of 5.6 ± 0.8 PW at 35°N and 35°S with a northward
transport of 0.1 ± 0.9 PW at the equator (see Fig. 6-2). This result should be
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Figure 6-3: Estimates of the total northward heat transport from this study (red
curve) combined with the ocean heat transport estimates summarized in Wunsch
(2005) with the atmospheric heat transport calculated as a residual. Standard errors
are denoted by the shaded bands.
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interpreted as an estimate of the time-mean HT and its uncertainty as it spans data
from the 1960s (early satellites observations; Ellis and Vonder Haar 1976, Stone 1978),
1980s (ERBE), and the 2000s (CERES). The estimate here is slightly less than that
by FT2008b, though consistent within the error bars of this estimate. FT2008b use
CERES data with uniform adjustments in outgoing longwave radiation and albedo
to remove the global mean imbalance. They find peak poleward HT of 5.9 ± 0.3 PW
at 35'N and 5.9 I 0.5 at 35'S. Their ranges are not error bars per se, but rather 2a
where a is the standard deviation of the interannual variability of HT.
While Chapter 4 shows that the empirical model for HT derived by Stone (1978)
based on the climatological data in Ellis and Vonder Haar (1976) is not as consis-
tent with ERBE data, it is still useful to use as the initial prior (Wunsch 2005) as it
contains information from the early satellite measurements. Furthermore, with the
conservative uncertainty that it is ascribed, and the fact that the estimate is con-
tinually less dependent on the initial prior with each additional data set, the final
estimate of HT is not particularly sensitive to this particular choice as the original
prior.
After evaluating the available TOA radiative flux data from the Nimbus-7 and
ERBE/ERBS WFOV instruments, ScaRaB I and II, GERB, ISSCP-FD, and CERES,
I have chosen to only include the CERES data here. In particular, I use an adjusted
version of the CERES EBAF Edition 1A data wherein the biases of unknown sign
have been corrected, but the biases of unknown sign remain (Loeb et al. 2008; Section
6.4.5 herein). The reduction in the magnitude of the error bars on HT relative to
Wunsch (2005), 27% at peak transport, is due to the improved measurements of
CERES made possible by, among other things, multiple radiometers aboard multiple
satellite over a long duration, improved ADMs (Loeb et al. 2005, 2007a), and careful
error analysis (Loeb et al. 2008). As data is continually collected and the error
analyses refined, these calculations can easily be updated. Similarly, if a suitable
error analysis for ISCCP-FD becomes available or when new data from the next
generation of satellites become available, this information can also be incorporated.
However, the HT estimate would perhaps benefit most from information regarding the
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latitudinal structure of the ERBE or CERES error correlations, though unfortunately
such information is not available. Note though that with the dominant error being
absolute calibration, then the error correlations should be very high. For example, if
the calibration is 1% low, that should apply everywhere.
Observational evidence (Harvey and Kaufmann 2002; Forest et al. 2002; Willis
et al. 2004; Levitus et al. 2005; Domingues et al. 2008) and modeling studies (Hansen
et al. 2005) support a warming of the climate, ascribed primarily to anthropogenic
causes, on the order of 0.85 ±0.15 W m - 2 in modeling studies (Hansen et al. 2005). I
have chosen not to explicitly adjust the radiation budget data here to account for this
because there is not sufficient observational certainty about the meridional structure
of this warming. Note that if a uniform adjustment of 0.85 W m - 2 is made in the
CERES data, the estimate of HT and its uncertainty remain unchanged.
Finally, I presented the partition of the total heat transport into its atmospheric
and oceanic components. The atmospheric heat transport was calculated as a residual
of the oceanic component, taken from Wunsch (2005), because an independent error
analysis is available for the latter and not the former. Unfortunately, the ocean
heat transport estimate is not ideal as it lacks values between 19'S and 90 N. Due
to the relative strengths of the subtropical cells in the ocean and the Hadley cells in
the atmosphere, and the energy contrasts across these flows, I expect the ocean to
dominate the heat transport in low latitudes (Held 2001). Hence, there might be a
peak in ocean heat transport between 19'S and the equator that is not captured and
hence doesn't appear in Fig. 6-3.
Even more desirable than additional ocean heat transport measurements would be
an error budget for atmospheric heat transport estimates. Atmospheric heat trans-
port is typically calculated from the National Centers for Environmental Prediction-
National Center for Atmospheric Research (NCEP-NCAR; Kalnay et al. 1996)
and/or European Centre for Medium-Range Weather Forecasts (ECMWF; Uppala
et al. 2005) reanalyses. Unfortunately, estimates from reanalyses have systematic
biases and model dependencies which are difficult to quantify and hence there is no
independent error budget analyses.
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Chapter 7
Conclusions
In this thesis I sought to better understand the total meridional heat transport and
its partition between the atmosphere and oceans using a combination of models and
data. The focus of the thesis was the utilization of a coupled atmosphere-ocean-ice
general circulation model with idealized ocean basin geometries to develop and test
theories regarding the total heat transport and its partition between the two fluids.
Key results of the work include:
* The total heat transport of the climate system is remarkably robust to changes
in ocean basin geometry. The presence or absence of meridional ridges were as-
sociated with marked differences in climates such as large polar ice caps in Aqua
versus balmy poles in EqPas, despite the fact that the peak total meridional
heat transport in the configurations differed by only 0.5 PW.
* This general insensitivity of the total heat transport to the details of the at-
mospheric and oceanic circulations arising from varying ocean basin geometries
agrees well with earlier work by Stone (1978). However, I also demonstrate that
by ignoring the higher order terms, the tendency of the Stone (1978) one-term
approximation for the total heat transport is incorrect as larger polar ice caps
are associated with greater total heat transport.
* The partition of the heat transport between the atmosphere and ocean is much
more sensitive to ocean basin geometry than the total heat transport. For
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example, Ridge and EqPas have virtually identical total heat transports, but
the ocean heat transports vary by a factor of 2 at low latitudes. This result is
further explored with simple scalings and models.
* A new estimate of the total heat transport is made using Cloud and the Earth's
Radiant Energy System (CERES) data and the Wunsch (2005) estimate as
a prior. The new estimate exhibits a peak poleward total heat transport of
5.6 ± 0.8 PW at 35oN and 35'S. The error range of the estimate is 27% smaller
at peak transport relative to the prior.
In Section 7.1 I present a more detailed chapter-by-chapter overview of the thesis and
in Section 7.2 I present some possible avenues for future research.
7.1 Thesis overview
In Chapter 1 I motivated and provided a general background for the research in this
thesis. I reviewed estimates of the total heat transport and its partition between
the atmosphere and oceans. I discussed the results of decompositions of these heat
transports into contributions by various types of circulations (e.g. mean meridional
circulations, stationary eddies, transient eddies) and forms of energy (e.g. internal
energy, latent heat). I reviewed theory regarding the magnitude of the total heat
transport and its partition between the fluids. I discussed how ocean basin geometry
can control ocean circulation and their associated heat transports.
In Chapter 2 I introduced the aqua-planet calculations which I used to explore
how ocean basin geometry can control ocean heat transport, and hence the total heat
transport and its partition between the two fluids. The four configurations I investi-
gate are Aqua, Ridge, EqPas, and Drake. Aqua features a 5.2 km deep, flat bottom
ocean spanning the entire planet whereas Ridge is identical except for a 180' arc of
land one grid cell wide running between the poles. These configurations emphasize
zonally-symmetric versus basin-constrained circulation. Motivated by the paleocli-
mate implications of circumglobal zonal ocean flow near the tropics (Tethyan Seaway;
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Hotinski and Toggweiler 2003) and near one of the poles (Drake Passage; Toggweiler
and Bjornsson 2000), EqPas and Drake are identical to Ridge except for gaps in the
meridional barrier. EqPas has no barrier between 20'S and 200 N and Drake had no
barrier south of 40'S. For these calculations I used a coupled atmosphere-ocean-ice
model developed within the MITgcm framework. The model balances the inclusion
of key processes such as a hydrological cycle and resolved atmospheric eddies with
computational efficiency such that the many thousands of years of synchronous in-
tegration required to bring the solutions into a steady state were feasible during my
thesis studies. A significant effort was also made to document the model, character-
ized its ability to simulate the present climate, and adapt it to the application herein;
this work is contained in Appendix A.
In Chapter 3 I presented the results of these aqua-planet calculations. Perhaps
the most stark result is how profound an impact a meridional barrier at middle and
high latitude has on polar climate conditions. In both hemispheres of Aqua and in
the southern hemisphere of Drake there are large sea ice caps extending from the
poles to about 60' whereas in Ridge, EqPas, and the northern hemisphere of Drake
there is no sea ice. While the tropical surface air temperatures are within 3 'C of one
another (coolest in Aqua, warmest in Ridge), in the hemispheres with ice the poles
they are nearly 20 'C cooler than those without ice. As for the circulations, while
the atmospheres generally resemble one another and that of the present climate, the
ocean circulations show marked differences. Aqua features strong zonal ocean jets
that reflect the sense of the surface winds driving them. There is strong ocean heat
transport associated with the STCs, with wind-driven Eulerian transport partially
offset by eddy transport. At middle and high latitudes there is very little heat trans-
port as the Eulerian and eddy components nearly cancel on another. In Ridge, gyres
are present at all latitudes with the subtropical and subpolar gyres making large
contributions to polewards heat transport and the equatorial gyres transporting heat
equatorwards. There are deep MOCs in each hemisphere with sinking at high lati-
tudes and upwelling throughout the middle and low latitudes. EqPas is very similar to
Ridge, though with the removal of the meridional barrier in the tropics, there are no
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equatorial gyres and the deep MOCs have roughly 50% more mass transport. Drake
is found to be very similar to Ridge in regions where it has a meridional barrier and
Aqua in regions where it does not. Furthermore, there is only one deep MOC cell
with sinking in the northern hemisphere with some of the water not upwelling until
it reaches the edge of the meridional barrier at 40'S.
In Chapter 4 I analyzed the total meridional heat transports found in the aqua-
planet calculations. The hemispheres with polar sea ice caps feature total meridional
heat transport which peaks at 6.5 PW relative to 6.0 PW in the hemispheres without
ice. I analyze these results in the framework of Stone (1978). In this work the zonally
averaged incoming solar radiation, coalbedo, and outgoing longwave radiation are
expanded in Legendre polynomials. Using early satellite data from Ellis and Vonder
Haar (1976), Stone (1978) found that terms canceled on another in such a manner the
total meridional heat transport was found to only depend on the solar forcing, mean
planetary coalbedo, and astronomical parameters. When the aqua-planet calculations
were analyzed in this framework, this same degree of cancellation was not found.
In particular, the latitudinal gradient of coalbedo (associated with the presence or
absence of a polar ice cap) became important in the energy balance. Data from the
Earth Radiation Budget Experiment were also analyzed in this framework and there
too the simple expression for the total heat transport from Stone (1978) did not hold.
With the total heat transports differing by 0.5 PW between Aqua and Ridge, it is
clear that major differences in climate can exist despite small variations in the total
heat transport. This combined with the fact that uncertainty in total heat transport
estimates is on the order of ±1.0 PW suggests that correctly modeling the total heat
transport is a necessary, but not sufficient test of climate models.
In Chapter 5 I went on to look more closely at the heat transport partitions found
in the aqua-planet calculations. The heat transports and their partitions between the
atmosphere and oceans are quite similar to one another and to the present climate as
seen in Figs. 1-1b and 3-3. This suggests that while the transport of heat and its par-
tition may be quite robust, small variations in the heat transports can be associated
with major differences in the climates. I diagnose the heat transport partition in the
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two fluids by plotting the residual mean mass transport in energy coordinates and
compare the strengths of the circulations and the energy contrasts across the flows.
I go on to take a more quantitative look at the tropical heat transport partition by
adapting the Held (2001) model to the presence or absence of a tropical meridional
barrier in the aqua-planet calculations. The location of a meridional barrier to zonal
ocean flow is critical: At low latitudes a barrier reduces ocean heat transport through
a reduction in the strength of the subtropical cells and the addition of equatorial gyres
which transport heat equatorwards. At middle and high latitudes a meridional bar-
rier increases ocean heat transport by prompting subtropical and subpolar gyres and
allowing deep meridional overturning circulations. Furthermore, a zonal passage in
the tropics can affect ocean heat transport at middle latitudes and vise versa through
the Drake Passage Effect.
Finally, in Chapter 6 I made a new estimate of the total heat transport and its
uncertainty. I employ the method of minimum variance estimation to use newly avail-
able top-of-atmosphere radiative flux data from the Cloud and the Earth's Radiant
Energy System (CERES) instruments to make adjustments to a prior estimate from
Wunsch (2005). This prior estimate is based on using this same method with data
from the Earth Radiation Budget Experiment and the Stone (1978) model for total
heat transport as a prior. The new estimate features peak total heat transport of
5.6 ± 0.8 PW at 35°N and 35°S with a northward transport of 0.1 ± 0.9 PW at the
equator (see Fig. 6-2). The error of the estimate is reduced by 27% at peak transport
relative to the prior (Wunsch 2005). The CERES data and their random and system
errors are discussed along with additional radiative flux data which were insufficient
for the estimation and hence omitted. I also make an estimate of the partition of heat
transport between the fluids making use of direct ocean heat transport estimates and
atmospheric heat transport calculated as a residual.
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7.2 Future research
The process of research almost always raises more questions than are answered. Here
I mention a couple possible avenues for future research which build upon the work
presented here.
7.2.1 Analysis of polar climate conditions in the aqua-planet
calculations
The contrast in polar climates between the model runs, ranging from the large ice
caps of Aqua to the perennially ice-free EqPas, is quite remarkable and would be
interesting to analyze further. A core question is how the various feedbacks act to
set the different polar climate conditions. For example, with the stark differences
in ice cover, one naturally assumes a prominent ice-albedo feedback. On inspection
of the radiative energy budgets (not shown), I found that the longwave radiation
feedback was of the same order of the shortwave radiation feedback. This suggests
that the water-vapor warmth feedback also plays an important role in setting polar
climate conditions (e.g. Winton 2006). A first step in a more detailed analysis could
include an Aqua calculation with the ice model omitted to more clearly isolate the
relative strengths of the ice-albedo and water vapor-warmth feedbacks. Furthermore,
given the importance of water vapor at high latitudes for polar climate conditions,
this suggests that increased latent heat transport could have the dual polar warming
effects of increased meridional heat transport and increased polar moisture content
amplifying the water-vapor warmth feedback. This could be explored in a set of
calculations analogous to Aqua and Ridge, but with all land except for a thin sliver of
water in one calculation to test the effects of moisture availability on polar conditions.
7.2.2 Direct atmospheric heat transport estimation
It would be highly desirable to have an independent estimate of the atmospheric heat
transport and its uncertainty to complement the estimates of the total and ocean
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heat transports presented herein. Early estimates of atmospheric heat transport were
derived from rawinsonde data which were gridded and extrapolated (Peixoto and
Oort 1992). More recently, National Centers for Environmental Prediction (NCEP-
NCAR; Kalnay et al. 1996) and/or European Centre for Medium-Range Weather
Forecasts (ECMWF; Uppala et al. 2005) reanalyses have been used (Trenberth and
Caron 2001). However, these estimates have well documented problems. For example,
the meridional velocities must be balanced to maintain mass balance. Furthermore,
differencing direct atmospheric heat transport estimates with total heat transport
estimates over land imply an unreasonably large heat transport therein (Trenberth
and Caron 2001). Furthermore, gridding and extrapolation in early estimates and
the use of a model in the reanalyses estimates makes it difficult to produce error
estimates.
A comparison of different balancing techniques and data could give an initial
sense of how these factors can affect atmospheric heat transport estimates. While
similar studies have been done in the past, an update with recent data would be
useful. Furthermore, model influence on reanalysis estimates could be analyzed by
employing the models without being constrained to atmospheric data. Comparisons
of the results with reanalyses, especially the differences over land (where there are lots
of observing stations) versus over water (where there are few) would help to isolate
the models' influence on the reanalyses products. While these models have been run
as part of the Atmospheric Model Intercomparison Project (Gleckler 2005, personal
communication), they have not yet been run in isolation with identical parameters
and boundary conditions as when utilized to generate the reanalysis products.
A potential source of systematic error in the reanalysis atmospheric heat trans-
port estimates is the inability of course resolution data and models to capture the fine
scale structure in the distribution of water vapor (Kerry Emanuel, personal commu-
nication). Satellite images of water vapor reveal structure at much finer scales than
the 2.5' used by NCEP and ECMWF reanalyses1 . Using vertical velocity as a proxy
for precipitation, a simple two layer atmospheric model (Emanuel et al. 1987) could
'See, for example, http://www. weather. gov/satloop. php?image=wv&hours=12
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be used to explore potential errors associated with aliasing latent heat transport onto
a course grid. Furthermore, high resolution observational analysis output could be
compared with standard reanalysis output to further test the effect of resolution on
atmospheric heat transport estimates.
The above tracts should give some sense of the causes and magnitudes of un-
certainty in estimates of atmospheric heat transport. However, they do not yield a
rigorous error estimate. Ideally, research aimed at making an independent estimate
of the atmospheric heat transport and its uncertainty should have this as its end goal.
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Appendix A
Coupled climate model description
and characterization
In this appendix the coupled atmosphere-ocean-ice model I employ is described in
full detail and its ability to simulate the climate of Earth is characterized, neither
of which has heretofore been done in the literature or internally. This appendix is
mean to serve as a stand-alone reference for those interested in the details of the
model or those intent on using it for their own studies. Given that this appendix
is designed to serve as stand-alone documentation, there is significant overlap with
the brief introduction provided in Section 2.2. The model was assembled within the
MIT general circulation model (MITgcm) framework by Jean-Michel Campin. The
coupler between the atmosphere, ocean, and ice components was built by Chris Hill.
Section A.1 describes the coupled model. The finite volume dynamical core of
the MITgcm is described in Marshall et al. (1997a,b) and at great length in the
online documentation found at http: //mitgcm. org/. The same dynamical core is
used for both the atmosphere and ocean components by exploiting the fluid isomor-
phism between a Boussinesq ocean in z-coordinates and a compressible, hydrostatic
atmosphere in p-coordinates (Marshall et al. 2004). Simulated processes specific to
each fluid are added as oceanic and atmospheric "physics packages". The ocean
model "physics package" includes parameterizations for convection and the Gent and
McWilliams (1990) and Redi (1982) parameterizations for sub grid scale eddies. The
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atmospheric "physics package" includes the atmospheric radiation, convection, cloud,
and precipitation schemes of Molteni (2003a,b). The thermodynamic sea ice model
from Winton (2000) is used, a derivative of the Semtner (1976) model. The model
component references provide the necessary technical details of the model formulation
while this documentation provided an overview of the model's key features. Further-
more, the atmosphere, ocean and ice models all run on the same grid simplifying
coupling and post-processing. In particular, the cubed-sphere grid (Adcroft et al.
2004) which resolves the oceans at all latitudes and longitudes including the poles.
Section A.2 characterizes the ability of the coupled model to simulate the present
climate with figures comparing coupled and atmosphere-only simulations to observa-
tions found in Section A.3. Overall, the model, especially given is complexity, does
reasonably well at simulating the present climate including its ability to model the
total heat transport and its partition between the atmosphere and oceans. There are,
however, a few noteworthy differences with observations. These differences include (1)
SSTs which roughly 2 'C too warm throughout the tropics and are much more zonal
than those found in observations, (2) too little ice in the southern hemisphere win-
ter, and (3) a southern hemisphere zonal wind stress peaking about 8' equatorward
relative to observations and a correspondingly week ACC.
A.1 Model description
A.1.1 Dynamical core
The same dynamical kernel is used for both the atmospheric and oceanic fluids by
exploiting the fact that the equations of motion for a hydrostatic, incompressible,
Boussinesq ocean in z-coordinates are isomorphic with those of a compressible, hy-
drostatic atmosphere in p-coordinates (Marshall et al. 2004). Using a generalized
vertical coordinate, r (z for ocean, p for atmosphere), and the corresponding vertical
138
velocity, r, the equations of motion can be written
DvhDV fkXV +  V , = F (A.1)
Dt
- b = 0 (A.2)dr
Vr Vh + = 0 (A.3)
DO DO Q (A.4)
Dt
DS
= Qs. (A.5)Dt
Vh and 0 are horizontal flow and potential temperature, respectively. The variables
b, b, and S are P (scaled pressure), -gP- (scaled density), and salt for the ocean
and ( (geopotential, gz), -a (specific volume, -1), and specific humidity for the
atmosphere. The boundary conditions can be generally expressed as a free surface
for each fluid at their interface, and fixed surface at the bottom of the ocean and top
of the atmosphere. Thus, the numerical treatment of the two fluids are identical up
to the point that the forcing terms in the horizontal momentum (F) and tracer (Qo,
Qs) equations will be different.
The equations are spatially discretized using finite volumes, which with regular
volumes looks identical to finite differences applied on a C-grid. Horizontal velocities,
temperature, and salt (ocean) or moisture (atmosphere) are prognostic in the forward
integration while density (through the equation of state) and pressure are diagnosed
(discussed below). The momentum and tracer equations are staggered in time to
facilitate forward integration using the second order Adams-Bashforth method. The
resulting algorithm is second order accurate in space and time.
The pressure method is used to integrate the model dynamics. Horizontal veloc-
ities are predicted for a new time step and then the pressure field is found and the
predicted horizontal velocities corrected such that the continuity equation is satis-
fied. During this process, the pressure field is separated into surface and hydrostatic
components leaving a two dimensional elliptic equation for surface pressure which is
solved using a preconditioned conjugate-gradient iteration method. The hydrostatic
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Ocean (meters) 0, 50, 120, 220, 360, 550, 790, 1080, 1420, ...
1810, 2250, 2740, 3280, 3870, 4510, 5200
Atmosphere (hPa) 1000, 900, 650, 350, 150, 0
Table A.1: Boundaries between vertical levels for the ocean and atmosphere.
component of the pressure is readily obtained from the vertical momentum equa-
tion (hydrostatic balance) and its sum with the surface pressure field yields the full
pressure field.
The momentum and tracer fields all have source functions which are formulated
based on the fluid and simulation setup. For example, the atmospheric tempera-
ture equation has source and sink terms relating to radiative heating and cooling.
Where appropriate, the source functions also contain boundary conditions such as
the wind stress on the upper ocean applied by the atmospheric winds (which feels a
corresponding drag).
The equations for both fluids (and the ice) are all solved on the same cubed-sphere
grid (Adcroft et al. 2004) at C32 (each face of the cube is split into a 32 x 32 matrix of
cells) yielding a minimum resolution of 2.80 x 2.8°; see Fig. A-1. In the vertical there
are 15 levels in the ocean and 5 levels in the atmosphere; see Table A.1 for spacing
(Adcroft and Campin 2003). The top and bottom levels of the atmosphere are crude
representations of the stratosphere and planetary boundary layer (PBL), respectively.
The layers in between are considered the free troposphere. An eight level version of
the atmospheric physics is currently being implemented, with an additional level in
the planetary boundary layer and two additional levels in the free troposphere.
A.1.2 Atmospheric physics
The atmospheric physics package utilizes the Simplified Parameterization Primitive-
Equation Dynamics (SPEEDY) model by Franco Molteni (2003b; 2003a) implemented
as the Atmospheric Intermediate Package (AIM) for use in the MITgcm. What
follows is a simplified, conceptual version of Molteni's (2003a) detailed description of
the model, with elaboration on parts where modifications were made. Table A.1.2
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Figure A-1: Cube sphere grid mapped onto a sphere (left) and as a Mercator projec-
tion (right).
contains a select set of the SPEEDY parameters (from Molteni 2003a) along with
their MITgcm names and values.
Convection
A "mass flux" scheme is used to represent convection. Upon convection, saturated
air is brought up from the planetary boundary layer (PBL) to the top-of-convection
level (TCN). Air is entrained along the way and not detrained until the TCN is
reached; this is compensated by descending motion in the same column. In this
way, convection acts to redistribute mass (though upward and downward fluxes are
equal and opposite), moisture, and dry static energy. Convection is triggered under
conditional instability defined by (1) saturation moist static energy decreasing with
height from the PBL to a free troposphere layer and (2) the PBL relative and specific
humidity exceeding predefined thresholds, RH,, and Q,,. The TCN is defined as
the top level where the first criteria is met. The magnitude of the fluxes out of
the boundary layer is determined by relaxing the PBL specific humidity back to a
threshold value, Qthr, with a given time scale, T-y. All the excess moisture beyond
saturation at the TCN is converted into precipitation (associated with convection).
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Dry convection is covered in Section A.1.2.
Large-scale condensation
Large-scale condensation occurs when the relative humidity (RH) in an grid box ex-
ceeds a level dependent threshold, RH,,. RH levels are then relaxed back to the
threshold at a time scale, Tis, and the excess moisture within the column is precip-
itated from the atmosphere (associated with large-scale condensation). A tendency
corresponding to this latent heat release is added to the right-hand-side of the tem-
perature equation (Qe; Eq. A.4).
Clouds
As originally implemented, clouds, determined diagnostically, are formed when both
RH and level dependent specific humidity thresholds are surpassed; RHcj and Qcj,
respectively. The cloud base is always at the interface between the lowest two grid
boxes and the cloud top at the interface above the topmost level where the RH
and specific humidity thresholds are met. When a cloud is present, fractional cover
is determined from the maximum RH, RH,,,ax, in the entire cloud column. The
fractional coverage is 0 when RHmax is below the threshold RHd, varies linearly with
RHmax up to RHI, and is 1 beyond this upper threshold.
This cloud parameterization (Corbetta 1999) has can easily generate tall thick
clouds. Since the base is fixed and the cloud top set by the top level where the RH
and specific humidity thresholds are met, clouds can even form over regions where the
thresholds are not met locally so long as they are met at a higher level. Furthermore,
since the fractional cloud cover is determined by the maximum RH in the cloud
column, a single level with high RH can set a high fractional cloud cover for the
entire column. When the Aqua and Ridge simulations were first executed, Ridge was
found to have greater cloud cover in the tropics despite a decrease in RH relative to
Aqua. This provided extra absorption of upward longwave from the surface and hence
a strong positive cloud feedback on temperature due to the liquid water in the clouds.
Due to this, a separate three dimensional fractional cloud cover diagnostic was created
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which is keyed off of the local relative humidity. This new cloud cover diagnostic is
used for the cloud longwave absorptivity only. It is not used for treating shortwave
since (1) reflection of shortwave only occurs at the cloud top, and (2) absorption of
shortwave radiation by clouds is small compared to longwave radiation absorption.
With this modification, a decrease in columnar RH creates a weaker greenhouse effect
from the decrease in liquid water vapor in the clouds. The role of clouds in reflecting
and absorbing shortwave and longwave radiation is described in Sections A.1.2 and
A.1.2.
Shortwave radiation
The incoming shortwave radiation (SWR) at the top-of-atmosphere (TOA) is com-
puted from astronomical formula. Passing through the top "stratosphere" level, some
of the SWR is absorbed by ozone which is parameterized as a heating in that level
(as a function of latitude related to the ozone distribution). There is also a small
fraction of incoming SWR converted directly to outgoing long-wave radiation (OLR)
as a function of latitude to mimic unresolved upper stratosphere radiative effects.
Entering the free troposphere, SWR is split into visible and near-infrared bands.
The algorithm moves down the column where the SWR is absorbed passing through
each level (thereby heating that level) with the transmissivity calculated as a function
of daily-averaged zenith angle, layer depth, specific humidity, and cloud properties.
When the downward shortwave radiation reaches the cloud top layer (assuming there
is one), part of the SWR is reflected with a cloud top albedo of A,1. At the surface,
visible SWR not absorbed is reflected up and the algorithm crawls back up the column
(almost all near-infrared SWR is absorbed). SWR moving upward is again partly
absorbed and the cloud-top reflected SWR is added back to the outgoing component
when the cloud-top layer is reached. Altogether, this is a "down-and-up" scheme.
An important modification to the original Molteni (2003a,b) model was the re-
placement a constant ocean surface albedo (A,,,) with one that depends on the solar
zenith angle. This feature of ocean surface albedo is well documented and is impor-
tant for the polar radiation budget and hence the total meridional heat transport.
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Since the SWR scheme does not differentiate between direct and diffuse beams, the
new scheme assumes a 50/50 split. Hence, ocean surface albedo is weighted 50/50 be-
tween a function of solar zenith angle (to treat direct radiation) and a constant value
(to treat diffuse radiation; A 0on-diff). For the direct beam component the scheme
from Briegleb et al. (1986) is used.
Longwave radiation
The parameterization for longwave radiation (LWR) partitions the radiation into 4
bands: (1) infrared window, 8.5pm to 11pm, (2) 15pm CO 2 absorption band, (3) a
band representing cumulative weak and moderate H20 absorption, and (4) a band
representing cumulative strong H2 0 absorption. Transmissivities are calculated as a
function of mass and specific humidity for bands (3) and (4) and as a function of total
cloud cover for band (1) (keyed off of the local relative humidity, see Section A.1.2).
The algorithm again works from the top down as downward fluxes for each band
are calculated as transmitted LWR from above plus a component from the level's
thermal emission (c T4 ). At the surface the downward longwave flux is absorbed.
Longwave radiation is then emitted from the surface (partitioned into the four bands)
and the algorithm begins to crawl its way back up the column. Where any LWR is
absorbed, a heating tendency is added to the right-hand-side of the temperature
equation (Qo; Eq. A.4).
Surface fluxes
The calculation of surface properties begins with an interpolation of winds, tempera-
ture, and humidity from the bottom level(s) to estimate their surface values. Surface
winds are a set fraction of the winds at the lowest level, fwind, temperature is ex-
trapolated from the lowest two levels, surface RH is the same as at the lowest level,
and the surface specific humidity is calculated from the surface temperature and RH.
Total surface wind adds an unresolved gusts component representing sub grid scale
processes, VgUst. With this, bulk formulas (Hartmann 1994) are used to calculate
wind stresses, sensible heat flux, and evaporation with different exchange coefficients
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for over land or sea.
Vertical Diffusion
Vertical diffusion in the atmosphere represents three different processes:
Shallow convection: When the moist static energy in the PBL exceeds the sat-
urated moist static energy of the level above, shallow convection is triggered
and redistributes moisture and dry static energy. The process is similar to the
convection described in Section A.1.2; RH is relaxed back to a threshold in the
PBL at a characteristic time scale, Tshc, though it only acts over the bottom
two levels and there is no precipitation.
Diffusion of moisture: Under stable conditions, moisture is slowly diffused at a
time scale -vdf-m across levels when the gradient of RH exceeds a specified
threshold.
Dry convection: When dry static energy exceeds a specified gradient (related to
the dry-adiabatic lapse rate), dry static energy is quickly diffused across the
gradient at a time scale of Tvdf dse
A.1.3 Oceanic physics
Introduced in Section A.1.1, the Marshall et al. (1997a,b, 2004) model forms the core
of the ocean component of the coupled model. Additionally, there are a number of
parameterizations of unresolved processes utilized in the model which are described
here.
Convection
When a column of water is unstable (a heavier water parcel above a lighter one)
convection is triggered and the fluid properties are mixed in the region of convection.
In this model convection is parameterized with a local implicit vertical diffusion of
tracers where the fluid is unstable.
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Select SPEEDY/AIM parameters. Adapted from Section A.8 in Molteni
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Variable Value Description
(Molteni) (MITgcm)
RHcnv RHBL 0.8 Convection relative humidity threshold in PBL
Qcnv QBL 15 g/kg Convection specific humidity threshold in PBL
Tcnv TRCNV 6 h Convection relaxation time scale for humidity
Tse TRLSC 4 h Condensation relaxation time scale for humidity
RHd RHCL1 0.45 Relative humidity limit corresp. to cloud cover = 0
RHe' RHCL2 0.85 Relative humidity limit corresp. to cloud cover = 1
Qc QACL1 0.1 g/kg Absolute humidity threshold for cloud cover
(r < 0.5)
QACL2 1.0 g/kg
(a > 0.5)
Ac1  ALBCL 0.4 Cloud albedo (for fractional cloud cover = 1)
Aocn ALBSEA 0.07 Ocean albedo
Aocn-diff ALBSEA 0.095 Ocean diffuse beam albedo (AIM only)
fwind FWINDO 0.6 Ratio: Near surf. wind / lowest level wind
Vgust VGUST 5 m/s Wind speed of sub-grid scale gusts
Tshc TRSHC 24 h Relaxation time for shallow convection
Tvdf m  TRVDI 40 h Relaxation time for humidity vertical diff.
Tvdf-dse TRVDS 5 h Relaxation time for dry static energy vertical diff.
Table A.2:
(2003a).
Sub grid scale mixing by eddies
In the world oceans, geostrophic eddies are critical for mixing momentum and tracers
along isopycnals. These mesoscale eddies are not resolved in coarse resolution ocean
models and hence are parameterized. Here, the Redi (1982) scheme models tracer dif-
fusion along isopycnals whereas Gent and McWilliams (1990) parameterizes advective
eddy transport along isopycnals. They are implemented in a combined form (Griffies
1998) as a tracer forcing (Q in Eqs. A.4 and A.5) that is a function of density slopes
and mixing coefficients (IRedi = GM = 800 m 2/s). In regions of deep convection this
scheme tends to over-aggressively restratify water due to the large density gradients.
This effect is modulated by tapering the mixing coefficients (Gerdes et al. 1991). The
vertical tracer diffusivity is 3 x 10- 5 m2/s.
Equation of state
The ocean model equation of state is that of Jackett and McDougall (1995), a modified
version of the UNESCO formulation by Fofonoff and Millard (1983).
A.1.4 Coupler
The coupler was built by Chris Hill explicitly for use in combining the Molteni (2003b)
atmosphere model with the MIT ocean model (Marshall et al. 1997a,b). For conve-
nience, the sea-ice model is incorporated in the atmospheric component. The oceanic
and atmospheric (and ice) time steps are 60 and 7.5 minutes, respectively, and hence
there are eight atmospheric time steps for every one ocean time step. After every
ocean time step, the coupler passes field information between the two fluids. The
ocean passes sea surface temperatures, salinities, and current speeds for AIM surface
flux calculations and the atmospheric and sea ice bottom boundary conditions. The
atmospheric (and sea ice) model passes the surface heat flux (sum of contributions
from sensible energy, latent heat, shortwave radiation, longwave radiation fluxes along
with the energy flux associated with precipitation and runoff), freshwater flux (pre-
cipitation, evaporation, and runoff), surface wind stress, and sea ice loading for the
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ocean top boundary conditions.
A.1.5 Sea ice
A thermodynamic sea ice model is used which closely resembles that of Winton (2000),
a derivative of the Semtner (1976) model. The Bitz and Lipscomb (1999) method of
energy conservation surrounding internal melting around brine pockets is also incor-
porated. The model has two levels of ice of equal but varying height and one level of
zero heat capacity snow.
Ice is formed when the temperature of a cell is below the salinity dependent freez-
ing point. When there is ice, the above wind stress is still applied to the ocean below
and the ocean free surface height is adjusted according to the sea-ice loading. The
available energy from the freezing water sets the initial ice height through the latent
heat of fusion. Initially, the surface (top of ice/snow) and both ice level temperatures
are set to freezing.
When ice is present at the beginning of a time step, conservation of enthalpy is
used to determine the surface and ice level temperatures (Eqs. 3-21 Winton 2000). If
there is a residual energy flux at the surface, the surface melts to balance the energy
budget with the melt water returned to the ocean. A residual energy flux at the ice
bottom implies either melting or freezing leading to a recalculation of the heights
via enthalpy conservation. With ice present, snow is allowed to accumulate on the
surface altering the conduction and albedo properties of the snow-ice column. Also,
ice can form from snow below the water line arising from a thickening of the snow
layer or thinning of the ice.
The original ice and snow albedo parameters were taken from the Winton (2000)
model formulation, though when combined with the AIM atmospheric model alone
or as part of the fully coupled model, the ice extent was grossly overestimated (equa-
torwards of 60' in the coupled model). In addition to this, there was little melting of
snow at the edges of the ice sheet in the summer, a key failing of the model. Hence,
there were a few adjustments made to the ice and snow albedo parameters1 ; the final
'Motivated by personal correspondences with Mike Winton.
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Table A.3: Ice and snow albedo parameters.
parameters chosen are given in Table A.3.
Finally, heretofore the model has included no representation of ice dynamics and
hence there is no ice transport. Ice dynamics is essential for capturing ice transported
along flows such as the East Greenland Current which bring ice away from the poles.
Even in the absence of land (particularly north-south coasts), ice dynamics is impor-
tant: In the southern hemisphere winds pull ice equatorward, increasing wintertime
extent and hence seasonality. Also, a wind stress applied to sea ice can lead to ridging
(build-ups of ice more likely to last the summer) and leading (openings in the ice pack
which aid ice formation in the winter and melting in the summer). Neither of these
effects are explicitly treated.
A.1.6 Land
The land model, implemented by Rong Zhang and similar to that in Hansen et al.
(1983), is a simple two layer scheme with a thin upper layer (0.1 m) and thick bottom
layer (4.0 m). The thin upper layer is designed to capture temperature fluctuations
associated with the diurnal cycle, though the model is implemented with daily average
solar forcing. The thick bottom layer captures seasonal temperature fluctuations.
Soil temperature is determined by solving a heat conduction equation across the two
levels with forcing (shortwave, longwave, sensible, and latent) from above and no
flux allowed through the bottom of the lower level. The total heat capacity is a
combination of soil and water components. The soil moisture is determined from
a balance of precipitation, evaporation, runoff, and diffusion between layers. Cells
have a finite capacity for water beyond which it flows directly to a specified ocean
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Parameter Value Short Description
albColdSnow 0.80 Albedo of cold (=dry) new snow
albWarmSnow 0.45 Albedo of warm (=wet) new snow
alb01ldSnow 0.45 Albedo of old snow (snow age > 35 days)
albIceMin 0.25 Minimum ice albedo (very thin ice)
albIceMax 0.60 Maximum albedo of bare ice (thick ice)
cell according to a predefined runoff scheme. Land albedo and vegetation type are
fixed. Below freezing, precipitation leads to snow accumulation which alters the heat
conduction and surface albedo of the ground.
There is one flux adjustment that was utilized to better simulate the present
climate. A fraction of the runoff going into the North Atlantic and Arctic oceans
(50%) was diverted into the Pacific while maintaining the same latitude of discharge
except for the Arctic runoff diversion. Without this adjustment the Pacific was saltier
than the Atlantic and there was a week deep MOC in the Pacific (- 5 Sv) and no
deep MOC in the Atlantic. With this adjustment, the Atlantic was saltier than the
Pacific, there was no deep MOC in the Pacific and a - 10 Sv deep MOC in the
Atlantic as seen in Fig. A-19.
A.2 Model characterization
Here the coupled model's ability to simulate the present climate is characterized
and compared with observations. The coupled simulation used for this analysis has
been carried out for 1650 model years, by which time the volume average ocean
temperature is changing at a rate of 0.031 'C / century. The simulation was carried
out on NASA's Columbia supercomputer at an average rate of 300 model years per
week. Figures of the coupled simulation climatology fields are seen in Appendix A.3
alongside observations and reanalysis estimates. Some figures also show atmosphere-
only simulation results to reveal which features are robust within the atmospheric
model and which arise from coupling with the ocean model. The atmosphere-only
model is forced from prescribed sea surface temperatures (SSTs) and the results are 5
year time means from the last 5 years of a 10 year simulation. The coupled climatology
fields are 20 year time means from the end of the simulation.
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A.2.1 Atmosphere
Atmospheric dynamics fields
Zonal average temperatures and surface air temperatures are presented in Figs. A-
2 and A-3, respectively. Simulation zonal average temperature is compared with
estimates from National Centers for Environmental Prediction (NCEP) reanalysis
(Kalnay et al. 1996). Simulation surface air temperature is compare with observa-
tions from the Comprehensive Ocean-Atmosphere Data Set (COADS; Woodruff et al.
1987). At the surface, the atmosphere-only simulation is generally in agreement with
observations with tropical maximums between 26 'C and 30 'C and decreasing to-
wards the poles. The surface air temperatures are more zonal than in the observa-
tions, a good example of this being the weaker tropical Pacific east-west temperature
gradient. The poles are also slightly cooler relative to the observations, particularly
in the northern hemisphere winter. In the coupled simulation, these same features
persist, though the model is about 2 'C warmer throughout relative to its atmosphere-
only counterpart. Aloft, both atmosphere-only and coupled simulations show general
agreement with the observations, though with its low vertical resolution, the models
fail to capture the temperature inversion at the tropopause.
Zonal average zonal winds and surface zonal wind stresses are presented in Figs.
A-4 and A-5, respectively. Simulation zonal average zonal winds and zonal wind
stresses are compared with estimates from NCEP reanalyses and COADS observa-
tions, respectively. The simulations replicate the strong mid-latitude jets in thermal
wind balance with temperature, with winter jets stronger than the summer ones
within each hemisphere. In the northern hemisphere there is little difference in the
jet strength between the atmosphere-only and coupled simulations, and both are
around a third weaker than the NCEP reanalysis estimates. In the southern hemi-
sphere, there is less of a difference between simulation and reanalysis jet magnitudes,
though in the coupled simulation the winter jet is particularly strong. Also, sim-
ulation southern hemisphere peak winds occur about 80 equatorwards compared to
the reanalysis. Beyond the jets, there are easterlies throughout the equatorial and
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surface polar regions. At the surface, the coupled simulation zonal wind stress is in
decent agreement with the observations, both in magnitude and peak location, except
for the equatorward peak of the southern hemisphere mid-latitude westerlies in the
simulations.
Derived from the meridional and vertical winds, the atmospheric meridional over-
turning streamfunction is presented in Fig. A-6 and is compared with an estimate
from the NCEP reanalysis. The atmosphere-only and coupled simulations are virtu-
ally identical to each other and feature winter hemisphere Hadley cells that dominate
with air rising between -5o to 100 in the summer hemisphere and subsiding between
50 and 30' in the winter hemisphere. Their extent is similar to NCEP reanalysis esti-
mates, but the magnitudes are only half of what they should be. Beyond the tropics,
the Ferrel and polar cells are in general agreement with NCEP estimates with respect
to extent though roughly 50% greater in magnitude.
Relative humidity is presented in Fig. A-7 and is compared with an estimate
from the NCEP reanalysis. The atmosphere-only and coupled simulations predict
nearly identical profiles of relative humidity: High over the poles, relatively low in the
downwelling branch of the Hadley cells, a peak at the top of the upwelling branch, and
low at the tropopause and above. The reanalysis estimate (which is not constrained
by moisture) exhibits the same overall pattern, but the relative humidity estimates are
much lower in the downwelling branch of the Hadley cells and in the mid-troposphere
above the poles.
Precipitation is presented in Fig. A-8 and is compared with an estimate from
COADS observations. Both the atmosphere-only and coupled simulations exhibit
strong precipitation along the intertropical convergence zone, moderate precipita-
tion in the mid-latitude storm tracks, and generally weak precipitation in the down-
welling branch of the Hadley cells and polar regions. With its prescribed SSTs, the
atmosphere-only simulation is able to capture some of the zonal structure seen in the
COADS observations, particularly the peaks east and west of Indonesia of around 1
mm/(3 hours). The coupled model estimates a precipitation pattern very similar to
the atmosphere-only model, though with weaker peaks in the tropics. While observa-
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tions of precipitation over land are not shown, the simulations show strong rainfall in
the rain forests of South America, Africa, and Indonesia, and weak rainfall over the
largest deserts such as the Sahara and Gobi.
Evaporation is presented in Fig. A-9 and is compared with an estimate from
COADS observations. Both simulations exhibit peaks in evaporation along the down-
welling branches of the Hadley cells, as is seen in the COADS observations. The strong
evaporation associated with the Gulf Stream and Kuroshio is simulated by the cou-
pled model, though is too strong in the Pacific and too weak in the Atlantic. This
feature is not well represented in the atmosphere-only model. The evaporation minus
precipitation (E - P) is seen in Fig. A-10. Both simulations show an excess of pre-
cipitation along the intertropical convergence zone and middle-latitude storm tracks
while evaporation dominates in between. While this trend is generally observed in
the COADS observations there is stronger ocean evaporation therein.
Atmospheric radiation fields
The atmospheric radiation budget fields are presented in Figs. A-11 (top-of-atmosphere
[TOA] and cloud cover) and A-12 (bottom-of-atmosphere [BOA]). Simulation TOA
fields are compared with data from the Earth Radiation Budget Experiment (ERBE;
Barkstrom 1984). Simulation BOA fields are compared with estimates from the Sur-
face Radiation Budget (SRB) Project (Gupta et al. 1999). In general, there is very
close agreement between the atmosphere-only and coupled simulations and in this
section the simulations will be discussed together relative to the observations.
The TOA all-sky (clear and cloud) net shortwave radiation is in good agree-
ment with ERBE in both the hemispheres during all seasons. The clear-sky TOA
net shortwave radiation is in good agreement with the observations in December-
January-Febuary (DJF), but greater than observations by up to 50 W/m 2 during
Jun-July-August (JJA). This implies an excessively strong shortwave cloud forcing;
that is, increased reflection, which is consistent with the high JJA cloud cover rel-
ative to observations. While the DJF cloud cover is also greater than observations,
the difference is much greater in JJA.
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For the all-sky TOA outgoing longwave radiation, there are two main differences
between the simulations and observations. First, the simulation outgoing longwave
radiation does not vary as strongly with latitude, except near the winter pole. Second,
the high outgoing longwave radiation in the downwelling branch of the Hadley cells
is not captured. This second feature is due to the high atmospheric moisture content
present in the simulations in this region (see relative humidity plots in Fig. A-7).
The simulations underpredict clear-sky TOA outgoing longwave radiation by about
20 W/m 2 throughout the tropics - roughly the same as the all-sky difference over the
downwelling brach of the Hadley cells.
As was the case at the top of the atmosphere, the simulation BOA all-sky net
shortwave radiation is nearly the same as in the SRB observations, though there is
a noteworthy difference in JJA at northern latitudes. There is also good agreement
between simulation and observations of BOA downwelling longwave radiation. The
simulation BOA net longwave radiation agrees well with observations in the tropics,
but overestimates by up to 40 W/m 2 in the winter hemispheres.
A.2.2 Ocean
Here "simulation" refers to the coupled model results.
Oceanic tracer fields
Ocean SSTs and zonal average potential temperatures and salinities, including a de-
composition by basin, are presented in Figs. A-13 through A-17. Simulation SSTs
are compared with COADS observations. Simulation zonal average temperatures
and salinities are compared with the World Ocean Atlas 1994 climatology (denoted
"Levitus climatology" hereafter; Levitus et al. 1994, Levitus and Boyer 1994). The
difference in the simulation SST patterns versus the COADS observations are natu-
rally similar to the surface air temperature results: The simulation SSTs are generally
warmer than the observations by about 2 'C and exhibit very little zonal variation. In
the interior, the global zonal average temperatures are about 2-4 'C warmer through
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the first 1000 meters relative to the Levitus climatology. The simulated thermocline
is also not as clearly confined to the first 300 meters as in the observations. In the
abyss, simulation temperatures agree well with observations. At the poles, the simula-
tion features temperature inversions, particularly strong in the northern hemisphere,
which are maintained by large pools of very fresh water near the surface. Overall, the
simulation tropics are too salty and the poles are too fresh. Viewing the Atlantic, Pa-
cific, and Indian ocean separately, most of the previously described features of global
zonal average temperature and salinity are maintained in the individual basins. This
includes the warmth through the first 1000 meters, the polar temperature inversions
and surface freshwater pools and general tropical saltiness.
Oceanic transports
The barotropic streamfunction is presented in Fig. A-18. The barotropic streamfunc-
tion shows equatorial, subtropical, and subpolar gyres in the northern hemisphere and
equatorial and subtropical gyres in the southern hemisphere. In the North Atlantic,
the subpolar and subtropical gyres are 10 Sv and 20 Sv and the South Atlantic sub-
tropical gyre is 20 Sv. In the Pacific, the northern and southern subtropical gyres
are 30 Sv and 35 Sv, respectively. There is about 10 Sv passing through the Indone-
sian Throughflow. The flow through the Drake Passage is only 60 Sv, much weaker
than the 140 ± 6 Sv estimated by Ganachaud (1999). This is thought to be due to
simulation southern hemisphere westerlies peaking about 8' equatorwards relative to
observations (see Fig. A-5).
The global and basin-decomposed meridional overturning circulations (MOC) are
presented in Fig. A-19. The global MOC shows the presence of subtropical cells in
the tropics and some water sinking in the northern hemisphere around 60'N with
about 10 Sv crossing the equator and upwelling in the southern hemisphere. The
subtropical cells are strongest in the Pacific and the deep MOC is present in the
Atlantic, but not the Pacific or Indian basins. There is no equivalent of Antarctic
Bottom Water found in the simulation.
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A.2.3 Sea ice
Fractional ice coverage is presented in Fig. A-20. In the northern hemisphere the ice
cap persists over the Arctic ocean during the entire year. There is significant seasonal
variation in the fraction of a grid cell covered with sea ice, though little variation in
the overall sea ice extent. The simulation features slightly more northern hemisphere
sea ice coverage relative to observations which typically exhibit some break in sea
ice north of Alaska and Russia during the summer months. The simulation southern
hemisphere clearly lacks the significant sea ice present during the winter months found
in observations. While some ice does form around the periphery of Antarctica, there
is little outside a persistent patch over the Weddell Sea.
A.2.4 Heat transports
The total, atmospheric, and oceanic northward meridional heat transports are pre-
sented in Fig. A-21a. The total heat transport peaks at 5.7 PW in the northern
hemisphere and -5.8 PW in the southern hemisphere. This is within a few tenths of
a PW of current estimates and will within the uncertainty of these estimates (Wun-
sch 2005, Fasullo and Trenberth 2008b, Chapter 6 herein). Ocean heat transport
peaks at 1.6 PW at 15'N and -0.8 PW at 150 S. Estimates of ocean heat transport
show slightly more asymmetry between the hemispheres, with 2.2 PW at 12'N and
-0.8 PW at 19'S (Ganachaud and Wunsch 2003; Stammer et al. 2004; Wunsch 2005).
The atmospheric heat transport peaks at 4.8 PW at 390 N and -5.5 PW at 39'S. In
the atmosphere, the heat transport is decomposed into contributions from dry static
energy (sensible plus potential energy) and latent heat transports which sum to the
total value (transport of kinetic energy is negligible). This decomposition shows a
double peak of dry static energy transport with maxima in the tropics and close to
50' in each hemisphere. There is an equatorward latent heat transport in the deep
tropics and poleward peak at middle latitudes. The atmospheric heat transport is also
decomposed into contributions from the mean circulations and transient eddies. For
the mean circulation there is a poleward heat transport associated with the Hadley
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Cells in the tropics and equatorward heat transport associated with the Ferrel Cells
in the middle latitudes. Similar patterns are found in observations (Peixoto and Oort
1992). The ocean heat transport is similarly decomposed into contributions from
Eulerian flow and parameterized eddies, with the latter only prominent in the South-
ern Ocean. The Eulerian ocean heat transport is also decomposed into contributions
from the zonal mean circulations and the difference between this and the full Eulerian
transport ("horizontal circulations", often ascribed to gyres).
The surface and planetary albedos are seen in Fig. A-22. At the surface, the albedo
is low through the tropics and mid-latitudes due to the vast areas of the ocean, through
is slightly higher in the northern hemisphere due to the greater fraction of land there.
At the high-latitudes the surface albedo increases sharply due to the presence of sea
ice and snow over the land. The planetary albedo is the TOA outgoing shortwave
radiation divided by the incoming shortwave radiation. Due to the presence of clouds,
the planetary albedo is higher relative to the surface albedo in the tropics and mid-
latitudes, with a peak at the intertropical convergence zone. At high-latitudes, the
planetary albedo is slightly lower than at the surface because the clouds have a lower
albedo than cold, fresh snow.
The surface energy fluxes are seen in Fig. A-23. The dominant energy input into
the surface is shortwave radiation, where the southern and northern hemisphere peaks
correspond to southern and northern hemisphere summers, respectively. Most of this
energy is taken in by the oceans, with the dominant release through evaporation
(latent heat flux) in the tropics and longwave reemission at mid- to high-latitudes.
There is also a non-negligible sensible heat flux and a small energy flux associated
with precipitation.
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A.3 Climatology figures
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Figure A-2: Time and zonal mean atmospheric temperature (K) for an atmosphere-
only simulation (left; 5 year mean), coupled simulation (middle; 20 year mean),
and National Centers for Environmental Prediction (NCEP) reanalysis (right), for
December-January-February (DJF; top) and June-July-August (JJA; bottom).
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Figure A-3: Annual mean surface air temperature (OC) for an atmosphere-only sim-
ulation (top; 5 year mean), coupled simulation (middle; 20 year mean) and Compre-
hensive Ocean-Atmosphere Data Set (COADS; bottom).
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Figure A-4: Same as Fig. A-2 for zonal wind (m/s).
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Figure A-5: Same as Fig. A-3 for zonal wind stress (N/m 2).
161
0.1
0
0.0
-0.0
-0 .
Atmosphere; FId = Psi [10 9 kg/s]; (Avg = 'DJF')Coupled; FId = Psi [109 kg/s]; (Avg = 'DJF') NCEP; FId = Psi [10
9 kg/s]; (Avg = 'DJF')
0 0 0
100 100- 100-
200 20 200-. 200.
300 300 0 300 -
4400 00 400.
500 500- 5001
600 '' 'I'- 600 600 J
700- 2 700 700.
800 -800 800
900 900 900 
....
1000 1000 100060S 30S 0 30N 60N 60S 30S 0 30N 60N 60S 30S 0 30N 60N
Atmosphere; FId = Psi [10 9 kg/s]; (Avg = 'JJA')Coupled; Fid = Psi [10 kg/s]; (Avg = 'JJA') NCEP; Fid = Psi [10 kg/s]; (Avg = 'JJA')
0 0 0
100 100 100
200 200 • 200
300 300 3002 l 20 0
400 , 400 i l nn 400
500 500 i500--
600 600" 600
700 700 0 m 700
800 ,800 /.I( ,,800,A
900 ....... 900 o. . 900 :
1000 1000 100060S 30S 0 30N 60N 60S 30S 0 30N 60N 60S 30S 0 30N 60N
Figure A-6: Same as Fig. A-2 for meridional overturning (109 kg/s).
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Figure A-7: Same as Fig. A-2 for relative humidity (fraction; 0-1).
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Figure A-8: Same as Fig. A-3 for precipitation (mm per 3 hours).
Atmosphere; Fld = EVAP [mm/(3 hour)]; (Avg = 'Avg')
)W 120W 60W 0 60E 120E
Coupled; Fld = EVAP [mm/(3 hour)]; (Avg = 'Avg')
120W 60W 0 60E 120E
COADS; FId = EVAP [mm/(3 hour)]; (Avg = 'Ann')
0.6
120W 60W 0 60E 120E
Figure A-9: Same as Fig. A-3 for evaporation (mm per 3 hours).
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Figure A-10: Same as Fig. A-3 for precipitation minus evaporation (mm per 3 hours).
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Figure A-11: Time and zonal mean top-of-atmosphere (TOA) radiation budget fields
for an atmosphere-only simulation (blue; 5 year mean) and coupled simulation (red; 20
year mean) compared with observations from the Earth Radiation Budget Experiment
(ERBE) and Surface Radiation Budget (SRB) Project (green). TOA net downward
shortwave radiation (top; W/m 2), TOA outgoing longwave radiation (middle; W/m 2),
and cloud cover (bottom; %) are shown for December-January-February (DJF; left)
and June-July-August (JJA; right).
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Figure A-12: Same as Fig. A-11 for bottom-of-atmosphere (BOA) net incoming short-
wave (top; W/m 2), net outgoing longwave (middle; W/m 2), and downward longwave
(bottom; W/m 2). Legend for BOA net outgoing longwave radiation same as for BOA
net incoming shortwave radiation.
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Figure A-13: Annual mean surface surface temperature (°C) for an atmosphere only
simulation (top; 5 year mean), the coupled simulation (middle; 20 year mean) and
Comprehensive Ocean-Atmosphere Data Set (COADS) (bottom).
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Figure A-14: 20 year annual and zonal average potential temperature (oC; top) and
salinity (psu; bottom) for coupled simulation (left) and Levitus climatology (right).
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Figure A-15: Same as Fig. A-14 for the Atlantic basin.
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Figure A-16: Same as Fig. A-14 for the Pacific basin.
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Figure A-17: Same as Fig. A-14 for the Indian and Mediterranean basins.
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Figure A-18: 20 year annual mean ocean barotropic streamfunction (Sv) with solid
(dashed) lines denoting clockwise (counter-clockwise) circulation.
174
Atlantic MOC
0
1000
2000
3000
4000
5000
0
1000
2000
3000
4000
5000
1000
2000
3000
4000
5000
Pacific MOC
0
1000
2000
3000
4000
5000
60S 30S 0 30N60N 60S 30S 0 30N60N
Figure A-19: 20 year annual mean global and basin-decomposed meridional over-
turning circulation (MOC; Sv) with solid (dashed) lines denoting clockwise (counter-
clockwise) circulation. Shading denotes either the presence of land or where the basin
flow is divergent, this is, where one basin is connected to another.
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Figure A-20: 20 year annual mean fractional ice coverage (0-1) for DJF (top) and
JJA (bottom).
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Figure A-21: 20 year annual mean total, atmospheric, and oceanic northward merid-
ional heat transports (top), and the decomposition of atmospheric (bottom left) and
oceanic (bottom right) heat transports into various components. For the atmospheric
decomposition, the dry static energy (sensible plus potential energy) and latent en-
ergy transports sum to the total value (transport of kinetic energy is negligible). The
atmospheric heat transport is also decomposed into contributions from the mean flow
and transient eddies which together sum to the total value. For the ocean decompo-
sition, the Eulerian and parameterized eddy transports sum to the total value. The
ocean heat transport is also decomposed into contributions from the zonal average
circulations acting on the zonal average temperatures and the difference between this
and the transport from the mean circulations (horizontal circulations; often ascribed
to gyres).
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Figure A-23: 20 year annual mean surface energy fluxes; positive values denote a
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Appendix B
Two box model of total heat
transport
As a pedagogical exercise that parallels the Legendre polynomial expansion approach
described in Section 4.2, here we briefly present a perhaps more physically motivated
two-box model of total heat transport: one box represents tropical latitudes, the other
middle-to-high latitudes. The configuration of the model is shown in Fig. B-1. The
hemisphere is divided into two equal-area regions separated at x = 0.5 (4 = 300). We
assume that the total heat transport across the equator is zero.
The incoming solar radiation (s), coalbedo (a), and outgoing long wave radiation
(i) are evaluated for the equatorial (E) and poleward (P) boxes with f being the total
meridional heat transport between them. Integrating Eq. 4.6 from the pole (x = 1;
f = 0) to x = 0.5 yields
f = -(spap - ip)Ax. (B.1)
where Ax = 0.5 and the overbar represents the area-averaged values for that box.
Defining sp = - Sand expressing the equatorial and polar box budgets in termsUP-
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Figure B-1: Configuration of the two-box model. The hemisphere is divided into two
equal-area regions separated at x = 0.5 (0 = 300). The incoming solar radiation (s),
co-albedo (a), and outgoing long wave radiation (i) are defined for the equatorial (E)
and poleward (P) boxes with f being the total meridional heat transport between
them.
of means and differences, we write:
13= (SE +Sp)2
d = - (aE + a)2
Substituting Eqs. B.2-B.4 into Eq. B.1,
B.1 can be written:
AS = Sp - S E (B.2)
(B.3)
(B.4)AZ = ip - iE.
and noting that s a- i sa - i = 0, Eq.
f=- Asa + - Aa + AsAa- Ai) 2
2 )2 (B.5)
which should be compared to Eq. 4.13 of the Legendre polynomial expansion model
of Stone (1978). There is clearly a one-to-one correspondence between the terms,
showing that the results of Section 4.2 can also be interpreted in terms of the two-
box model presented here.
Table B.1 shows the contribution of the four terms on the RHS of Eq. B.5 for
Aqua, Ridge, and Drake. For Aqua, the Asi term remains the largest, but is smaller
relative to Ridge because of the presence of large ice caps and hence a decreased
planetary albedo. By virtue of ice caps being located in the polar box, there is now a
significant gradient in absorption. In Aqua, the second term representing the gradient
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Two-box model Coupled model
-As-a -BAa - AsAa +Ai Sum HT at 30' (PW) HT at 30' (PW)
Aqua NH 0.240 0.086 -0.016 -0.021 0.289 6.30 6.25
Ridge NH 0.249 0.023 -0.004 0.002 0.270 5.88 5.81
Drake NH 0.250 0.024 -0.004 0.007 0.277 6.03 5.86
Drake SH 0.239 0.087 -0.016 -0.026 0.285 6.21 6.11
Table B.1: Terms (non-dimensional) in the two-box model (described in the appendix)
for the northern hemispheres of Aqua and Ridge and both hemispheres of Drake from
Eq. B.5. The last two columns compare f (dimensionalized back to HT in PW)
from the 2-box model with the fully coupled model. Results from EqPas are almost
identical to Ridge and are not shown.
in coalbedo is a third the magnitude of the first term. A part is compensated by a
stronger (weaker) OLR in the region of strong (weak) absorption (Ai and Aa are of
same sign), but overall, the strong gradient in coalbedo is concurrent with stronger
HT. In all of the coupled calculations the AsAa term is small. The Drake is similar
to Ridge in the northern hemisphere (the Asi term dominates) and similar to Aqua
in the southern hemisphere (where terms other than As are also significant). The
two-box model also captures the non-antisymmetry of the Drake HT.
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